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1. Details on the degree-2 shape of the lunar farside  

 

1.1 Data, calculation of average topography, and calculation of best fit function 

 

The topography swaths plotted in Fig. 1a were obtained using the March 16, 2010 version of 

Lunar Reconnaissance Orbiter (LRO) Lunar Orbiter Laser Altimeter (LOLA) 4 pixel-per-degree 

gridded data, downloaded from the Planetary Data Service.  The data are referenced to a sphere 

of radius 1737.4 km.  No correction for the present day hydrostatic dynamical flattening was 

made, since this effect is of the order 10 m (e.g. (S1)), and no center-of-mass/center-of-figure 

offset corrections were applied.  The data were downsampled to 1-pixel-per-degree in order to 

remove short wavelength topography.  This downsampling provides more than adequate 

resolution to observe degree-2 topography trends over ~100° of great circle arc.  In addition, this 

resolution more closely matches the low resolution of the crustal thickness model that we use in 

our analysis.  The background map in all topography figures is 4 pixel-per-degree LOLA data.  

 

The crustal thickness model was calculated using the methodology outlined in (S2, 3), and 

made use of LOLA topography data combined with Kaguya gravity model SGM100h (S4). The 

density of both the crust and mantle were assumed to be independent of depth and position, and 
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the mare basalts were accounted for in the major mascon basins as in the previous models of (S2, 

3) (the basalt flows within the limits of the Degree Two Terrane (DTT) are not subtracted, see 

Section 2). This model assumes a crustal density of 2800 kg m
-3

, a mantle density of 3360         

kg m
-3

, and a density of 3100 kg m
-3

 for the mare basalts. The maximum spherical harmonic 

degree used in our invervion for the crust-mantle interface was 70 (the gravity model SGM100h 

used an a priori constraint at degrees higher than this), and the filter applied to the Bouguer 

anomaly was set to 0.5 at degree 50, which is significantly less restrictive than used in the pre-

Kaguya models. The final map product used for our calculations has a resolution of 1 pixel-per-

degree. 

 

When inverting for the relief along the crust mantle interface, it is necessary to either assume 

an average crustal thickness, or to anchor the inversion to a known value at a specific location. 

Here, we choose the average thickness of the crust to be 46.6 km, which yields a crustal 

thickness of zero beneath the Moscoviense basin (see also (S5)). The model's crustal thickness 

between the Apollo 12 and 14 sites is 37.8 km, which is consistent with the seismic constraint of 

38  8 from (S6), but a little larger than the value of 30  2.5 from (S7).  High frequency 

oscillations that are present on the farside between the equator and 60° N and between 30° W 

and 30° E are due to the limited Kaguya tracking data in this region (not readily visible in the 

crustal thickness swaths).   

 

All map projections are Mollweide, except in Fig. S4 and S6, which use simple cylindrical 

grids. 

 

The swaths in Fig. 1 and all other similar figures were calculated from transects obtained in 

two opposite directions.  The “fit direction” is used to fit the topography data, and is black in Fig. 

1a and 1c.  An extra amount of data in this direction is included in blue to show the topography 

trend beyond the region fitted.  The “prediction” direction is used to test if the topography fit 

accurately predicts the topography in the opposite direction, and is shown in blue.  All of the 

swaths in this paper were calculated by averaging data between two great circle transects 

emanating from a common latitude and longitude.  For the fit direction, the azimuth of the first 

great circle transect is defined by the angle φ, as shown in Fig. S1.  The azimuth of the second 

great circle transect is defined by the angle φ + θ, where θ is the swath width.  The mean 

topography in the swath between φ and φ + θ was calculated by averaging great circle transects 

between the angles φ and φ + θ (Fig. S1), with each transect having an angular separation of 1 

degree.  The prediction swaths are obtained in the same way for data between φ + 180° and φ + θ 

+ 180°.  The angle ψ represents the length of the great circle arc.  The bilinear interpolation 

scheme used in calculating the great circle transects used the same number of interpolated points 

as the number of degrees in the transect, thereby accurately representing the resolution of the 

LOLA and crustal thickness 1-pixel-per-degree data. 

 

Nonlinear least squares regressions to a degree-2 Legendre polynomial, P2, were performed 

for the mean topography profiles y(x), where x is an angular distance: 

 

 𝑦 𝑥 = 𝛼𝑃2 + 𝛽 (1)  
 

where P2 is 
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𝑃2 =

1

2
( 3cos2 𝑥 − 1) 

 
(2)  

Fitting the data in this manner makes α analogous to an expansion coefficient in the spherical 

harmonic representation of topography, where the spherical harmonics are Legendre 

polynomials.  Note that these equations assume that the topography data start at the highest or 

lowest elevation of the degree-2 harmonic, i.e. they allow for no phase dependence.  This is 

acceptable in this application because we started our analysis by searching for the peak of the 

degee-2 topography, and used the peak as an origin.  The term β appears because the local 

topography or crustal thickness may have an arbitrary offset to the global mean radius.  The fits 

in Fig 1a and 1c and other similar figures were typically performed over great circle arcs of ψ = 

90-110°.  The 95% confidence intervals for the fit topography were also calculated and shown 

beyond the fit area as dashed blue lines around the fit line.  Table S1 gives a summary of all 

topography fits presented in the paper. 
 

Table S1.  Summary of swath dimensions and least squares fits to P2 for LOLA topography 
Swath  Fig. Lat. °N

*
 Lon. °E

*
 φ° θ° Ψ° α (km)

†
 β (km)

†
  R

2
 

1 1 23 198 0 90 100 4.08  0.17 4.15  0.17 0.98 

2 1 -10 217 80 10 105 4.70  0.21 5.65  0.21 0.98 

3 1 0 217 -45 10 100 3.65  0.43 5.40  0.42 0.93 

4 1 7 210 40 10 95 4.79  0.24 4.83  0.22 0.98 

5 1 -9 223 0 90 100 4.00  0.29 4.39  0.29 0.96 

6 S2 -10 217 90 10 105 4.25  0.33 4.85  0.34 0.94 

7 S2 0 217 0 10 100 4.01  0.16 5.31  0.15 0.99 

8 S2 9 211 -30 10 95 4.83  0.36 5.62  0.34 0.96 

9 S4/S5 -84 194 0 90 105 -4.80  0.18 -3.92 0.18 0.98 

10 S4/S5 78 74 0 90 105 -3.02  0.15 -1.13  0.15 0.99 

11 S7 -90 0 -90 45 180 -0.1  0.26 -0.80  0.24 <0.01 

12 S7 -90 0 -45 45 180 -0.44  0.18 -1.62  0.17 0.12 

13 S7 -90 0 0 45 180 -0.42  0.28 -1.14  0.26 0.05 

14 S7 -90 0 45 45 180 -0.49  0.16 -1.53  0.15 0.17 

15 S7 -90 0 225 45 180 2.75  0.19 2.63  0.18 0.82 

* Latitude and longitude indicates the origin point for all swaths  Note that for swaths 11-15, the origin latitude and 

longitude is at the south pole, and the swath extends upwards to the north pole (see Fig S6). 

† 95% confidence intervals are shown for the coefficients α and β. 

 

1.2 Additional swaths that show degree-2 structure 

 

Three additional swaths (#6-8) similar to those in Fig. 1 are presented in Fig. S2 for both 

topography and crustal thickness, in order to demonstrate the robustness and scale of the degree-

2 structure.  A comparison between these swaths and calculated crustal thickness from tidal 

dissipation, for the tidal model discussed in the main text (Tb = 1175 °C), is shown in Fig. S3, 

similar to Fig. 2.  Note the match in swath 6 from -90 to +55°, which may represent a degree-4 

harmonic that appears in our tidal dissipation calculations (main text and Section 5.5, Fig. S10). 

 

1.3 Uniqueness of degree-2 topography on the lunar farside 

 

 Sums of spherical harmonics can be used to describe arbitrary distributions of topography and 

gravity data on a sphere.  However, the existence of an isolated geophysical feature that is 
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described almost entirely by a single harmonic wavelength, other than rotational flattening, is 

uncommon.  To demonstrate the uniqueness of the degree-2 fits in the farside highlands, we 

performed the swath fitting routine described above to the entire Moon.  Specifically, we 

calculated topography swaths with φ = 0°, θ = 90°, and ψ = 105° (similar to swaths 1 and 5), 

while allowing for either positive or negative α, and calculated the correlation coefficient R
2
 at 

all points on a lunar sphere with 2° grid spacing in latitude in longitude.  A simple cylindrical 

projection of the resulting R
2
 values is shown in Fig. S4a-c.  Fig. S4a plots the values of R

2
 

without any contrast enhancement, and it is clear that the farside highlands emerge as an island 

of high R
2
. 

 

 Figure S4b and Fig. S4c show the R
2
 grid contrasted to highlight only regions with R

2
 > 0.8, 

and R
2
 > 0.95, respectively.  Two regions outside of the farside highlands emerge as having high 

quality fits (R
2
 > 0.8), as indicated by the two arrows in Fig. S4b.  However, their high quality 

fits are actually due to their proximity to the farside highlands.  Representative topography and 

fits for the two high R
2
 regions are shown as topography swaths 9 and 10 in Fig.  S5.  Both 

swaths start at low topography and end at high topography.  When the swaths are plotted on the 

lunar globe, as in Fig. S5b, it becomes clear that the swaths start outside the farside highlands 

and their azimuths point them directly at the farside highlands.  Swath 9 crosses portions of the 

South-Pole-Aitken basin, and some of its upward topography trend may be a superposition of the 

basin topography on preexisting background degree-2 farside topography.  In addition swaths 9 

and 10 do not have the same agreement between the predicted and actual topography for data 

between azimuths φ = 180° and 270° (leftmost blue portions of Fig. S5a), as for swaths 1-3 in the 

farside highlands (Fig. 1a).   Note that the leftmost portion of swath 9 contains mare Australe, 

and therefore it is not clear to what extent this terrain may have been modified since the 

formation of any degree-2 structure there.  In sum, these two regions of high R
2
 are not 

representative of a separate degree-2 trend elsewhere on the Moon, and they are not indicative of 

a general phenomenon of high quality degree-2 fits at arbitrary locations on the Moon.   

 

1.4 Center of the Degree Two Terrain  

 

 Figure S4 is also helpful in assessing the approximate center of the DTT.  From Fig. S4c, the 

center of the farside highlands with high R
2
 is at approximately (5° N, 210° E).  We may also 

perform the same analysis as above except with φ = -90° and θ = 180°, in order to capture more 

of the terrain.  The result is shown in Fig. S6, where an island of high R
2
 again appears in the 

farside highlands (an arcuate section of terrain to the east of the farside highlands has high R
2
 

because it is the eastern topographic low of the DTT).  The approximate center of the terrain in 

Fig. S6 is near (10° N, 210° E).  However, taking into account the approximate centers of the 

regions of thickest crust and highest topography, a center of (0°  5° N, 215°   5° E) is a more 

reasonable best estimate.  Knowledge of the exact center is difficult to assess given the long 

wavelength of the feature, its asymmetric preservation, and the presence of several 100-km-scale 

basins near the DTT center.  However, it is not critical to know the exact center in order to 

determine the extent of the DTT, or test the hypothesis that the DTT is related to tidal processes. 
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1.5 Relationship with the Moon’s degree-2 gravity and topography spherical harmonic 

coefficients 
 

 It has been known for some time that the Moon possesses relatively high degree-2 power in 

its gravity and topography spherical harmonic expansions, e.g. (S8-10).  However, the degree-2 

terms of global expansions of topography and gravity and the detailed distributions of these 

datasets on the Moon are different problems, and we are justified in seeking regional variations 

in long-wavelength topography.  For example, given that the Moon has a high degree 2 and order 

0 spherical harmonic gravity coefficient C20, we might naively assume that there is a strong 

increase in degree-2 topography when moving from the pole to the equator at all locations on the 

Moon.  However, in Fig. S7 we plot four swaths (#11-14) of nearside topography from pole to 

pole that show no appreciable long wavelength topography.  The four swaths have widths of 45° 

and together they capture all of the nearside data (detailed parameters in Table S1).  Fits to P2 

were performed with the constraint that the maximum or minimum amplitude of the oscillation 

occurs at the equator, which is justified in the case of looking for examples of the C20 and C22 

(degree 2 and order 2) power of the Moon.  No equator-centered degree-2 trend is obvious from 

the plots. The quality of the fits are poor (R
2
 < 0.17), although other intermediate wavelength 

trends such as the relatively low elevation of mare units in the north, are apparent.  An additional 

swath (#15) and high quality P2 fit on the farside between longitudes 225° and 270° is shown for 

comparison (R
2
 = 0.82).  Therefore, as discussed by (S10), a complete understanding of the long-

wavelength topography of the Moon must be done by considering the detailed effects of geology, 

rather than global low degree metrics alone. 

 

1.6 Polynomial fits to the farside degree-2 shape 

 

 In the main text we argue that a reasonable explanation for the degree-2 topography of the 

farside is tidally-driven crustal thickness differences.  To strengthen this argument, we show that 

arbitrary polynomial fits, where the argument of the polynomial is x, and not cos(x), are poorer 

fits to the topography than a degree-2 harmonic.  Because the degree-2 topography trend is 

broken in some places by the South Pole-Aitken basin and other regional geologic features (see 

main text), we perform our fitting on three swaths that contain relatively unbroken trends in 

topography, swaths 1-3 in Fig. 1a.  In Fig. S8a-c we fit progressively higher order polynomials, 

Qn(x), to topography in swaths 1 and 2 (plotted in black).  The value of R
2
 for the 3

rd
 and 4

th
 

order polynomials are comparable to those of a degree-2 harmonic for both swaths 1 and 2, but 

the predicted topography (leftmost blue portions of Fig. S7) is a much poorer fit with the 

polynomials.  Fitting higher order polynomials is not warranted based on the already-high value 

of R
2
 for degrees 3 and 4, and would be an exercise in over-fitting.  Similar results are found for 

crustal thickness (Fig. S8d-e).  Therefore, with the observation that the major topography and 

crustal thickness change in the farside highlands takes place over ~90° of arc, and the excellent 

fits and predictive power of a P2 function compared with other functions, we conclude with high 

confidence that the gross structure of the lunar farside highlands is described by a degree-2 

oscillation. 

 

 Note that degree-3 and degree-4 Legendre polynomials (with cos(x) arguments) contain 

higher frequency oscillations (inflections at < 90° of arc) than the structure of the DTT, and will 

be much poorer fits to the topography and crustal thickness. 
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1.7 P1 or cos(x) function fit to the farside degree-2 shape 

 

 We also fit farside crustal thickness data to a P1 or cos(x) function.  We performed the fit for a 

swath of terrain very similar to swath 1, except that φ = -10° (instead of φ =  0°), and the fit 

included the prediction terrain for 100° of arc, for a fit over a total of 200° of arc.  We also 

performed the fit to the usual fit region of swath 5 (100° of arc).  These swaths are used here 

because they average over a wide range of topography and average out the effects of small 

craters.  In Fig. S9a and S9b we compare the cos(x) fits to the P2 fits for the slightly modified 

swath 1 and unmodified swath 5, respectively, and in Fig. S9c and S9d we show the residuals of 

these fits, respectively. 

 

 In examining Fig. S9a and S9b, it is clear both from the fits and R
2
 values that the P2 function 

is a better fit for both swaths.  The residuals in Fig. S9c and S9d reinforce this conclusion.  

Ideally, residuals are evenly distributed, in which case they represent random errors about the 

best-fit function.  The residuals for the P2 function are approximately evenly distributed, and 

appear to have no obvious structure, suggesting a P2 function is a good choice.  However, the 

residuals for the cos(x) fit are symmetric about zero, and have a clear periodicity.  The residuals 

for cos(x) also change sign near -90° and 90°, where the minima of the P2 function are located.  

While only 100° of fit is shown in Fig. S9b and S9d for swath 5, the same residuals structure as 

in Fig. S9c is observed.  Note that the degrees of freedom are the same in the cos(x) and P2 fits, 

such that the higher quality fit for P2 is not the result of additional free parameters.  Therefore, 

we conclude that the P2 function is unequivocally a better fit than a cos(x) function. 

 

 Note that the results for the original swath 1 (φ =  0°), fit over 200° of arc are the same (R
2
 for 

cos(x) = 0.82, R
2
 for P2 = 0.92, not shown), except that the overall fit is slightly lower quality in 

both cases. 

 

2. Mare thickness effect on topography and crustal thickness profiles 

 

 The swaths of topography and crustal thickness in Fig. 1 and S2 cross into Oceanus 

Procellarum and Mare Frigoris.  Mare basalt flows in these regions are rarely > 1 km (S11-14), 

while the amplitude of the DTT topography is ~6.4 km (mean of fits to swaths 1-5), and the 

crustal thickness amplitude is ~36 km (main text).  Therefore, it is not surprising that the mare 

thicknesses are not immediately visible in the swath profiles.  A more detailed study of crustal 

thicknesses across the border of Oceanus Procellarum and Mare Frigoris, would be worthwhile, 

however. 

 

3. Gravity anomaly expected from uncompensated and compensated degree-2 terrain 

 

 Uncompensated global degree-2 topography of 6 km amplitude would have an anomaly of 

~300 mgal (S8), and compensated terrain would have an anomaly of ~15 mgal.  Because the 

gravity anomalies over the lunar farside are much lower than 300 mgal (S4), the terrain there 

must be largely compensated (S15). 
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4. Orbit evolution calculations 

 

 To estimate the Moon’s distance from the Earth as a function of time, we use equation 4.214 

of  (S16).  We assume the Earth’s tidal potential Love number is 0.3, similar to present values 

(S17), and a tidal specific dissipation factor between 100-250.  The range of tidal specific 

dissipation factors is used because the conditions on the early Earth may have been much 

different than they are presently.  For example, the present dissipation factor of ~12 is due 

largely to dissipation in the oceans, while the present value for the solid Earth alone is ~280 

(S18), and it is not clear where in between these two values the very early Earth would reside.  It 

is easy to establish that dissipation in the Earth is higher than in the past based on integrations of 

its orbital evolution (e.g. (S17)).   See also Section 5.3. 

 

5. Tidal heating in a floating crust 

 

5.1 Introduction 

 

 Tidal dissipation in the Moon has been previously considered for the case of a completely 

solid sphere (S19), in which case its contribution to lunar thermal evolution is negligible.  

However, in satellites with a crust decoupled from the mantle by a subsurface ocean, tidal 

dissipation in the crust is enhanced and can lead to global crustal thickness variations due to 

differences in the spatial distribution of tidal heating (S20-23).  The previous studies on this 

dissipative process have dealt with oceans composed of liquid water and crusts of ice in thermal 

equilibrium with tidal heating.  In the case of the Moon, the solid crust is largely anorthosite, and 

the liquid is the remaining liquids from the magma ocean.  The Moon’s rocky crust has a much 

stronger resistance to tidal deformation than ice, but it also has a much higher basal temperature 

that controls the crust’s viscosity and tidal dissipation.  It can be shown that non-negligible 

crustal thickness differences can be established for reasonable orbital properties and magma 

ocean temperatures, assuming the crust is in equilibrium with tidal heating.  These crustal 

thickness differences have a strong degree-2 component that can plausibly explain the degree-2 

structure of the DTT. 

 

5.2 Coupled tidal heating and crustal thickness model 

 

 To model the tidal dissipation in the lunar crust overlying a liquid magma ocean, we adopt a 

tidal heating model originally developed by (S21). Our implementation is described in some 

detail in (S20) and thus only a brief overview is given here. 

 

 A synchronous satellite with non-zero eccentricity experiences a time-varying tidal potential, 

which may in turn result in tidal heating (S19). In a shell which is thin compared to the satellite's 

radius, each component of the diurnal tidal strain rate tensor ij  varies with position but not 

depth, and has a magnitude given by 

 
 

휀 𝑖𝑗 = 𝑓  
2𝑡

2.5
 
𝑛 3𝑅𝑠

3

𝐺𝑀𝑠
𝑒 

 

(3)  
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where h2t is the tidal potential Love number, 𝑛  is the mean motion, Rs and Ms are the satellite 

radius and mass, respectively, G is the gravitational constant, e is the orbital eccentricity and f is 

a longitude and latitude dependent function of order unity (S21). We assume zero obliquity for 

simplicity.  We calculate 𝑛  from (GMp/a
3
)

1/2
, where Mp is the primary (Earth) mass and a the 

semi-major axis. Higher eccentricities, faster periods, and more deformable bodies lead to larger 

diurnal tidal strain rates; strain rates in thin shells are higher at the poles and lower at the equator. 

When the shell is decoupled from the mantle by a liquid layer, the net dissipation per unit 

volume increases in the shell because h2t increases. 

 

 Assuming that the shell can be described as a Maxwell viscoelastic material, the local heating 

rate W is given by 

 

 

 𝑊 𝜔, 𝜆, 𝜂 =
2𝜇휀  𝑖𝑗

2

𝑛 
 

𝑛𝜏𝑀

1 +  𝑛𝜏𝑀 2
  

 

(4)  

Here ω and λ are the longitude and latitude, η is the local viscosity, μ is the rigidity, τM = η / μ is 

the Maxwell time and an overbar denotes time-averaging over one tidal cycle. Dissipation is 

large when the Maxwell time is comparable to the tidal (forcing) period.  

 

 The viscosity of the crust is a critical parameter that controls the dissipation rate.  To model 

the viscosity, we assume that the lunar crust is predominantly composed of anorthite.  

Experimental measurements show that the viscosity of anorthite is temperature-dependent and 

non-Newtonian but not grain-size dependent (S24).  We use a flow low for dry anorthite (0.004 

weight % H2O) (S24).  We must account for the temperature (and thus depth) and stress 

dependence of the crust’s viscosity to accurately model tidal dissipation. The viscosity at the 

base of the crust ηb(Tb) is calculated as follows: 

 

 
𝜂𝑏 𝑇𝑏 =

1

𝑉
𝜍𝑡

1−𝑛exp  
𝑄

𝑅𝑇𝑏
  

 

(5)  

 Here Tb is the temperature at the base of the crust, V is a material constant, Q is the activation 

energy and σt is the characteristic tidal stress, taken to be / n , where   is the local, time-

averaged strain rate.  Because the temperature is highest at the base of the crust, the viscosity and 

tidal dissipation there is generally highest. 
 
 To calculate the variation of viscosity with temperature, and thereby depth, we use a 

linearized version of equation (5), termed the Frank-Kamenetskii approximation, which gives 

 
 𝜂 𝑇 = 𝜂𝑏exp −𝛾 𝑇 − 𝑇𝑏   

 
(6)  

where T is temperature, and γ is a constant which depends on the activation energy of the shell 

material. 

 

 In the classic problem of tidally-produced shell thickness variations on Europa (S21), the 

floating crust is in conductive thermal equilibrium with internal tidal heating and the basal heat 

flux into the crust.  That is, the crust is thick enough such that the steady state internal heating 
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and temperature distribution yields melting temperatures at the crust’s base.  In the case of the 

Moon, however, the subsurface magma ocean liquid is cooling, resulting in loss of latent heat 

and growth of the crust, and therefore the crust is not in steady state equilibrium.  If the cooling 

is slow, and governed by the loss of latent heat through conduction up the crust, as in the case of 

the classic Stefan problem (S25), one may assume that the crustal thickness is in quasi-

equilibrium with the effective basal heat flux due to magma ocean cooling alone.  Specifically, if 

the rate of cooling is slower or comparable to the rate of change of tidal heating, then one may 

assume that the crust is also in quasi-equilibrium with tidal heating.  This is often the case since 

tidal heating is a very strong function of semimajor axis and time, and the crust cools at a mean 

rate of ~1 mm per year (assuming ~50 my cooling times).  This approximation would be 

sufficient for small amplitude crustal thickness variations, but becomes less accurate for large 

amplitudes.  Therefore, in this paper we restrict our analysis to the Europa-like scenario, where 

the crust has reached true conductive thermal equilibrium with the background heat flux from 

radiogenic heat from magma ocean liquids, and cooling of the underlying hot mantle cumulates, 

such that the crust can no longer grow by cooling and crystallizing the magma ocean.  This is the 

assumption for the two cases reported in the main text for Tb = 1175 °C and Tb = 1225 °C, (qo = 

27 mW/m
2
 and qo = 30 mW/m

2
), and assumes that some liquid remains at this time.  The 

approximate value of qo is derived in Section 10.  In the future, additional studies can be done for 

tidal dissipation while the crust is still growing. 

 

 In order to determine the equilibrium crustal thickness in the shell due to internal tidal 

dissipation W and basal heat flux qo, we must solve the steady-state heat conduction equation  

 

 
∇2𝑇 +

𝑊(𝑧)

𝑘
= 0 

 

(7)  

where k is the thermal conductivity (assumed constant). We solve this equation to determine the 

equilibrium shell thickness D at a point subject to the boundary conditions of a specified, 

spatially-varying surface temperature, a specified qo, and a specified Tb. Because the heat 

production W depends on the temperature via the viscosity, we use a finite-difference shooting 

technique to estimate the steady state temperature and crustal thickness distribution (S20). The 

temperature gradient at the base of the crust is set by the basal heat flux.  We numerically 

integrate equation (7) upwards to calculate the surface temperature. We then update the crustal 

thickness depending on the difference between the calculated and required surface temperature, 

and iterate until the required surface temperature is obtained.  
 

 The mean diurnal near-surface temperature influences the temperature gradient from the 

surface to the liquid layer, and thereby affects the equilibrium crustal thickness.  We calculate 

the mean near-surface temperature using the same method as (S21), assuming that the inclination 

is 2
o
 and the product (1-Ab)Fs is 750 Wm

-2
, where Ab is the albedo and Fs the insolation. This 

results in mean equatorial and polar temperatures of 254 and 101 K, respectively, close to the 

values calculated by (S26). 

 

 We nominally assume no internal heat generation in the crust due to radioactive decay.  

Nominal parameters adopted are given in Table S2. 
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Table S2. Nominal parameters in tidal heating and crustal thickness model 
Parameter Value Units 

 6 × 10-7 m2 s-1 

h2t 1.25 - 

N 3 - 

 Q/RgTb
2 K-1 

Ms 7.35 × 1022 kg 

c 2900 kg m-3 

k 1.8 W m-1 K-1 

Q 648* kJ mol-1 

Rg 8.34 J K-1 mol-1 

Rs 1737 km 

cl 100 kg m-3 

 100 GPa 

Log10(V) 12.7* MPa-n s-1 

Mp 6 × 1024 kg 

*Values for dry (0.004wt% water) anorthite from (S24).  

 

5.3 Orbital parameters and basal temperatures 

 

 There are several constraints on the plausible range of the critical parameters a, e, and Tb for 

which we may explore tidal dissipation and crustal thickness variations.  We will consider them 

each separately. 

 

 The value of a increases with time after accretion, as does the crustal thickness due to cooling.  

Generally, at very early times the Moon will have a thin crust and high dissipation due to its 

close proximity to the Earth, and at later times it will have a thicker crust, and weaker dissipation 

due to its distance from the Earth.  The Moon’s crust formed in 20-100 My (S27, 28), and likely 

retained a liquid surface for < 10
5
 years due to rapid heat loss by radiative cooling (S29).  Using 

the tidal parameters in Section 4, it takes roughly ~0.1-0.3 My to evolve to a = 10RE (RE = 1 

Earth radius),  ~2-4 My to a = 15RE, and ~10-25 My to a = 20RE.  Based on the cooling 

timescale calculations of (S27), at these distances and times, crustal thicknesses are of the order 

of ~0-1 km, 1-10 km, and tens of km, respectively.  It is important to note that as the crust 

thickens, the total internal dissipation increases, such that greater values of mean crustal 

thickness at later times may result in large absolute crustal thickness differences, offsetting the 

reduced dissipation at greater distances from the Earth. 

 

 The value of e during crust formation is uncertain.  The present lunar eccentricity of 0.055 is 

increasing at a rate of ~0.014 by
-1

 (S30), and it has likely been increasing for a significant portion 

of lunar history due to dissipation in the Earth (S30-32).  Crude backwards extrapolation of the 

present eccentricity rate would yield an eccentricity of -0.006 4.5 by ago.  The dissipation in the 

Earth must have been lower in the past (S32) (as evidenced by a simple tidal evolution model 

that would place the Moon in its present location in < 2 By using present tidal parameters), such 

that the past eccentricity rate was likely lower.  The early eccentricity may have been excited by 

resonances described in (S33), or have some component left over from accretion processes (S34) 

(~0.01).  Other planetary resonances may have affected the eccentricity beyond 25RE (S35).  We 

explore values of e = 0.015 to 0.02 for a = 15 to 20RE.  Note that tidal dissipation increases like 
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e
2
.  Note also that uncertainty in e is offset by uncertainty in a number of other parameters (e.g. 

Section 5.7). 

 

 The value Tb has a critical effect on the viscosity profile of the entire crust.  The high 

activation energy of dry anorthite means that small differences in temperature will result in large 

differences in viscosity and dissipation.  The value of Tb should be approximately equal to the 

temperature of the magma ocean.  As the magma ocean crystallizes, its temperature is reduced, 

and viscosity and dissipation decrease, adding to the reduction in dissipation due to growth of a 

alone.  A discussion of expected temperatures in the magma ocean is given in Section 9. 

 

5.4 Crustal thickness dependence on choice of parameters 

 

 In the main text we reported crustal thickness results for a = 20RE, e = 0.02, Tb = 1175 °C, and 

qo = 27 mW/m
2
, yielding a maximum crustal thickness of 71 km, a minimum of 50  km,  and a 

mean of 65 km, for a net difference of 21 km.  However, the observed crustal thickness 

difference is ~36 km, which may reflect uncertainty in our choice of parameters.  Therefore, to 

compare the shape of the modeled and observed datasets in the main text, we multiplied the 

observed crustal thickness by 0.4.  Higher dissipation as a result of higher basal temperatures, 

different rheological parameters, or dissipation in a partially molten region (Section 5.7) would 

produce higher dissipation and net crustal thickness differences comparable to the observed 

values.  For example, the other case given in the main text is a = 20RE, e = 0.02, and Tb = 1225 

°C, qo = 30 mW/m
2
.  This yields a minimum of 24 km, a maximum of 68 km, and a mean of 39 

km, with a net difference of 44 km, close to the observed values.  In Fig. S10 we show this case 

and compare it to the observed crustal thickness without any scaling factor.  The agreement of 

the shapes is even better than the cases shown in Fig. 2, in part because the higher dissipation 

more strongly overcomes the surface temperature effect.  In this case there is also agreement in 

amplitude, and it therefore represents strong evidence that the shape of the lunar farside crust can 

be described by a tidal dissipation process, albeit with numerous parameters that are difficult to 

constrain precisely. 

 

 In Table S3 we list a number of other cases that show the dependence of the crustal thickness 

distribution on orbital and thermal parameters.   

 

 If tidal dissipation is insignificant, a crustal thickness difference will result entirely from the 

pole-to-equator surface temperature (insolation) effect.  For example, a case that does not 

produce any significant crustal thickness differences due to tidal heating is: a = 25RE, e = .015 

and Tb = 1175 °C, producing a maximum and minimum crustal thickness of 47.1 km (equator) 

and 42.9 km (pole), respectively, for a net difference of 4 km, and a mean of 43.5 km, for a basal 

heat flux of 50 mW/m
2
, and a resulting surface heat flux of 50.04 mW/m

2
 (the basal heat flux in 

this example is not an important parameter). 

 

 If we include the effects of additional heating from upper crustal radioactivity, the mean 

crustal thicknesses decreases, while the net crustal thickness difference stays approximately the 

same as without the additional heating.  Case 4 in Table S3 includes internal heating as defined 

by equation 18 in Section 10, and the associated parameters 4.4 by ago, while Case 3 in Table S3 

uses the same tidal and thermal parameters with no internal radiogenic heating.  The maximum 
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and minimum crustal thicknesses are different by 5 km, the mean thicknesses are different by 3 

km, and the amplitudes are the same.  For simplicity, we have not included this effect in the 

model calculations. 

 

Table S3. Tidal heating models and crustal thickness differences 
Case Fig. a (RE) e Tb  °C Net diff. 

km 

Max. 

km 

Min. 

km 

Mean 

km 

Basal heat 

flux mW/m
2
 

Surface heat 

flux mW/m
2
 

1 2, S3,S11 20 0.02 1175 21 78 57 68 27 31.2 

2 S10 20 0.02 1225 44 68 24 39 30 56.1 

3 - 20 0.02 1175 16 71 55 63 30 33.7 

4*  20 0.02 1175 16 66 50 60 30 42.2 

5 - 20 0.02 1175 5 53 48 51 40 42.6 

6 - 20 0.02 1150 7 78 71 75 27 28.4 

7 - 22 0.02 1175 5 79 74 77 27 28.2 

8 - 22 0.025 1175 17 79 62 73 27 30.2 

9 - 18 0.015 1175 23 78 55 70 27 31.7 

10 - 20 0.015 1175 5 79 74 77 27 28.2 

11 - 15 0.015 1225 4 11 7 9 200 263 

*Includes internal upper crustal internal heating from radioactivity 4.4 by ago. 

 

5.5 Details of the distribution of crustal thickness and tidal dissipation 

 

 While the tidal dissipation distribution is predominantly degree-2 in shape (see below for a 

quantification of this effect), it also contains a weaker degree-4 harmonic which manifests itself 

in the crustal thickness distribution (Fig. 2, Fig. S3, Fig. S10).  In addition, there is a weak pole-

to-equator surface temperature (insolation) effect.  The surface temperature effect leads to 

thicker crust at the colder poles, and thinner crust at the hotter equator, but it is relatively minor 

if the tidal dissipation is strong.  In Fig. S11 we show P2 fits to swaths of the model crustal 

thickness (a = 20 RE, e = 0.02, Tb = 1175 °C, qo = 27 mW/m
2
) to show their similarity to a P2 

function as a function of azimuth. The swaths are all centered at (0°, 180°E). The azimuths were 

chosen to capture the diversity in the crustal thickness variation, and two of the swaths (swaths 

M1 and M2, black and blue, respectively) are averages over large areas (θ = 90°, swaths M3-7 

use θ = 10°).  Swaths M1-M7 use values φ = 0°, -45°, -5°, 25°, 40°, 55°, and 85°, respectively.  

Least squares regressions to a P2 function were performed from ψ = 0° to ψ = 90°.   

 

 In a similar manner to Fig. S11, we plot in Fig. S12 the dissipation distribution at the base of 

the crust in arbitrary units.  The dissipation distribution will be approximately the same for 

arbitrary shell thicknesses and tidal parameters (for low e), and excludes the surface temperature 

effect. 

 

 While all swaths in both figures have a strong degree-2 component, in the basal dissipation 

distribution, only in swath M2, which is an average over azimuths 0-90° (comparable to swath 5 

in Fig. 1), and in swath M5, which is an average over azimuths 40-50°, is the shape exactly 

degree-2.  The degree-2 character of these same swaths in the crustal thickness model is also 

strong, but a slightly poorer match.  Swath M6 in the crustal thickness model (Fig. S11) is the 

closest match to a perfect degree-2 shape.  In all other swaths there is interference caused by the 

degree-4 harmonic.  Least squares regression shows that swaths are entirely described by a P2 + 

P4 function (not shown).  As discussed in the main text, there is evidence for the degree-4 

harmonic at the terrain labeled X in Fig. 2, S3, and S10. 
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 The relative content of degree-2 and degree-4 harmonics can be quantified by expanding the 

crustal thickness distribution in spherical harmonics.  Taking the strongly dissipative case of a = 

20RE, e = 0.02, Tb = 1225 °C, qo = 30 mW/m
2
, we find the ratio of the sum of the squares of the 

degree-2 terms to the sum of the squares of the degree-4 terms is 11.9.  This high ratio indicates 

that the degree-2 terms dominate. 

 

 Interestingly, the degree-4 harmonic averages out over azimuths 0° and 90°, as indicated by 

the exact P2 fit in swath M2 (an average over azimuths 0-90°, less so in Fig. S11).  This could 

plausibly take place if the Moon experienced a reorientation about its anti and sub-Earth points, 

as discussed for Europa in (S36). 

 

 In the absence of strong tidal heating, the equilibrium crustal thickness will follow a pattern 

established by the surface temperature, which varies as a function of latitude.  The shape of the 

temperature distribution follows a sin
1/4

(x) distribution that is very different from the crustal 

thickness observations (e.g. see figure 5 of (S26) for a plot of temperature vs. latitude), and 

therefore we can rule it out as describing the observations. 

 

 In general, comparison between model crustal thicknesses and dissipation distributions, and 

the actual data are complicated by the possibility that the Moon has reoriented itself slightly, or 

possibly by a large amount about the minimum moment of inertia axis that intersects the anti and 

sub-Earth points, such that the relationship between azimuths on the present surface and paleo-

azimuths when the crust formed, is uncertain. 

 

 Ultimately, some process must have effected changes in crustal thickness either at the same 

time as tidally-linked crust formation, or at some later time, such that the degree-2 pattern is not 

observed globally (main text).  There is some evidence for regionally thicker crust near the 

antipode of the DTT center, but this is speculative. 

 

5.6 Local spherical harmonic fits to the DTT 

 

 In Fig. 2, S3, and S10 we compared profiles of the lunar crustal thickness in the DTT with the 

analogous profiles through a crustal thickness model predicted from tidal heating.   Another 

means of assessing the general agreement between the tidal heating model and observations is to 

locally fit degree-2 spherical harmonics to the DTT and the analogous region in the tidal heating 

model. 

 

 We determined the best fit degree-2 spherical harmonic coefficients for the DTT by 

performing a least squares regression in equal-area Cartesian space over a sector from  the north 

pole to points (-10° S, 145° E), and (-10° S, 285° E) (70° of longitude on either side of the 

approximate DTT center), as shown in Fig. S13a.  In Fig. S13 we have shifted the lunar crustal 

thickness map 35° west to align the center of the DTT with the putative paleo sub and anti-Earth 

longitudes.  The same degree-2 fit was performed for the tidal heating model, Fig. 13b.  The 

resulting global expansions from the locally best-fit coefficients are shown in Fig. S13c and d. 
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 In comparing Fig. S13c and 13d it is clear that the inferred degree-2 structure of the DTT is 

similar to what would be expected for a tidally produced terrain.  Note that the local fit in part B 

cannot reproduce the model data exactly because the model contains higher order harmonics 

(predominantly degree-4). 

 

 In Table S4 we show the coefficients derived in each case.  In looking at the coefficients 

themselves, their signs and the ratios between them determine the shapes of the expansions, and 

are more important than the absolute values (although they are of the same magnitude in both 

cases).  Notably, the signs of all C coefficients are the same in both cases.  We also find that the 

ratio of C22/C21 is different by only 21% between the two cases, which is remarkably similar.  

The relative power of C2,0 is higher in the model case.  This results in a C22/C20 ratio that is 70% 

different between the two cases, which is still fairly similar given the asymmetric state of 

preservation of the DTT.  Note the minor S coefficient power reflects a slight tilt in the DTT. 

 

Table S4. Best-fit degree-2 spherical harmonic coefficients in the DTT (map shifted 35° west) 
Lunar crustal thickness coefficients (km) Tidal model crustal thickness coefficients (km) 

l,m Cl,m Sl,m l,m Cl,m Sl,m 

2, 0 -8.2 0 2, 0 -10.3 0 

2, 1 7.4 3.3 2, 1 4.3 0 

2, 2 9.2 0.5 2 ,2 6.8 0 

Note: l = degree and m = order. 
 

 

5.7 Effect of a low viscosity compacting layer or partially molten region at the base of the crust 

 

 Zones of partially molten rock are predicted to occur and have been observed at the roof and 

base of cooling magma chambers (S37-39).  These zones may slowly compact over time due to 

the weight or buoyancy of the rock matrix, squeezing out interstitial liquid as it deforms.  

Partially molten compacting zones may have a viscosity that is an order of magnitude smaller 

than for solid rock (S40, 41).  Such a low viscosity zone at the base of the lunar crust would 

increase tidal dissipation there, and thereby lead to larger tidally induced crustal thickness 

differences for the same values of e, a, and Tb.  This compaction process may have occurred in 

the lower lunar crust (S42), but the full details of the process have yet to be established, and for 

now we conservatively ignore this effect. 

 

6. Effect of lower crustal flow on maintaining degree-2 crustal thickness differences 

 

 For non-Newtonian materials, the time τ for isostatically compensated crustal thickness 

differences to decay via lower crustal flow is given by ((S43), Appendix A) 

 

 𝜏 ≈  ∆𝐷𝑛−1𝑗𝑛+1𝑛𝑉𝛿𝑛+2𝐸𝑏[𝑔∆𝜌𝑐𝑚 ]𝑛 −1 (8)  
 

 Here ΔD is the initial crustal thickness contrast, j is the wavenumber of the variation, n is the 

exponent in the stress-strain rate relationship, Eb = exp(-Q/RTb), and V and Q are rheological 

parameters (Table S2), R is the gas constant, Tb is the temperature at the base of the crust,  g is 

the gravitational acceleration,  Δρcm is the crust-mantle density contrast, assumed here to be 400 

kg/m
3
, δ is the effective thickness of the region in which channel flow occurs and a constant of 

order unity has been omitted. This equation reduces to the standard equation for lower crustal 
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flow for Newtonian materials (n = 1). Numerical models show that this expression 

underestimates the time taken for lower crustal flow to occur (S43).  The effective channel 

thickness δ is given by 

 

 
𝛿 =

𝑅𝑇𝑏
2𝐷𝑚

𝑄(𝑇𝑏 − 𝑇𝑠)
 

 

(9)  

where Ts is the surface temperature and Dm is the mean crustal thickness.  This expression 

assumes that the temperature profile near the base of the crust is linear.  If internal heating is 

important within the crust, δ will be larger and flow will be more rapid  

 

 For the parameter values summarized in Table S2, δ = 0.023Dm.  The wavenumber is j = 2/Rs 

for a degree-2 variation, where Rs is the lunar radius. Taking an initial crustal thickness variation 

ΔD = 40 km, equation 8 gives a relaxation time of 150 by for a mean crustal thickness of 60 km, 

and Tb = 1175 °C. A lower Tb, which would be expected after cooling of the lithosphere, would 

lead to much longer relaxation times.  For example, if Tb = 1000 °C, the relaxation time is ~10
5
 

by.  Even if δ were larger than given by the linear assumption, degree-two crustal thickness 

variations are likely capable of surviving for 4.4 by. 

 

 A possible explanation for the lack of a more prominent degree-4 harmonic in the observed 

crustal thickness profiles is that limited lower crustal flow may have occurred, similar to that 

apparently responsible for the relaxation of some lunar basins (S44).  Neglecting the effect of 

elastic support, channel flow of this kind removes short-wavelength (high frequency) topography 

most rapidly (S45), potentially allowing the longest-wavelength features to persist.  Using the 

above parameters, Tb = 1175 °C, and j = 4/Rs, we obtain a relaxation time of 10 by, closer to the 

age of the Moon, albeit using a relatively high basal temperature during all of the flow. 

 

7. Instability of an asymmetrical crust over a heat producing liquid layer, in the case of no 

convection 

 

7.1 Introduction 

 

 As discussed in the main text, one of the outcomes of tidally-driven crust formation is a 

spatially varying thickness of the subsurface magma ocean (Fig. 3).  Because the late stage 

magma ocean is enriched in incompatible heat producing elements, these variations in thickness 

will result in lateral variations of heat production.  These variations will likely affect global 

convection patterns and crystallization processes in some manner. 

 

 If convection does not laterally transport heat efficiently and mantle topography is small, the 

arrangement described above and in Fig. 3 will cause higher heat flux through regions of thinner 

crust, and lower heat flux through regions of thicker crust, possibly amplifying (or at least 

maintaining) the asymmetry in crustal thickness from tides alone.  Aspects of this concept have 

been previously articulated elsewhere (S46-48) to explain global lunar crustal thickness 

asymmetries.  However, as illustrated in other studies of tidal heating in Io (S49), it is likely that 

convection will play a role in homogenizing differences in subsurface heat production.   Fully 

resolving the behavior of this system will require numerical simulations.  For example, Jupiter 
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has a spatially varying heat flux due to insolation, and recent 3D spherical rotating simulations of 

atmospheric convection have revealed complex dynamics in the distribution of heat from internal 

sources (S50). 

 

 Below we treat the problem of crustal growth over an asymmetric heat producing liquid layer, 

in the case of no convection.  This treatment serves as simple, analytical framework that 

illustrates the essence of the amplification effect, and will serve as the basis for further studies 

that more correctly include convection. 

 

7.2 Instability of basal crustal topography 

 

 If a crust becomes thick enough during growth above a heat producing layer liquid, it may 

become sufficiently insulating such that any further addition of crust would increase its 

conductive temperature profile and yield melting temperatures at its bottom, in which case its 

growth will cease.  The thickness of a crust with no bottom topography at this time is given by: 

 

 
𝐷𝑒𝑞 =

Δ𝑇𝑠𝑙𝑘

𝑞𝑜
 

 

(10)  

where Δ𝑇𝑠𝑙  is the difference between the surface temperature, Ts, and the liquid temperature, Tl, k 

is the thermal conductivity, and qo is the basal heat flux.  We assume the basal heat flux is equal 

to the sum of a component due to radiogenic liquids, qr, and a component due to cooling of the 

underlying mantle, qm. 
 

 We wish to understand how asymmetries in the topography at the bottom of the growing crust 

will be affected by the proportional asymmetries in the height of the underlying heat-producing 

liquid.  We assume that the total mass of heat producing elements in the liquid layer remains the 

same at all times of crustal growth, since the heat producing elements (K, U, and Th) are 

incompatible and excluded from the plagioclase (destined to float and become the crust) and 

pyroxene (destined to sink and become the mantle) that is crystallizing during late magma ocean 

cooling.  We also assume that the mixing timescale for homogenization of incompatible elements 

across the entire magma ocean is small compared to the crystallization timescale, and therefore 

that the concentration of heat producing elements is the same everywhere in the ocean.  This is 

justified given that the two relevant velocities may differ by ~10 orders of magnitude.  For 

example, magma ocean convective velocity may be ~1 m/s (S51), while the late-stage 

crystallization front advances only ~1 m every 1000 years (given ~50 km crustal growth times of 

~50 My (S27, 28)).  We assume the change in concentration of U, Th, and K due to radioactive 

decay is not significant on the ~100 My timescales of crustal growth that we are interested in.  

We assume the mantle topography (topography at the bottom of the liquid layer) is uniform, or at 

least that the crustal basal topography dominates any bottom topography at long wavelengths.  

Again, in this treatment we also ignore lateral redistribution of heat due to convection (S49). The 

essential implication of these assumptions is that local variations in the height of the liquid layer 

are associated with proportional differences in the basal heat flux into the overlying crustal layer.  

Related aspects of this problem and the implications for the formation of the farside crust were 

first expressed in (S52).  
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 While thicker, more radiogenic liquid layers exist under proportionately thinner crust, and 

thinner, less radiogenic liquid layers exist under proportionately thicker crust, the differences in 

basal heat flux cannot be perfectly balanced by crustal thickness differences at all locations.  In 

fact, it can be shown that there are at most two depths at which a crust with bottom topography 

can be in perfect equilibrium with the basal heat flux, for any liquid layer thickness.  All other 

locations will have crust that is too thick or thin to be in thermal equilibrium.  To demonstrate 

this, we assume that topography perturbations d(x) relative to a crust of mean thickness Deq, 

result in fractional thickness changes (1+ d/H) of the underlying heat producing layers, where H 

is the thickness of the liquid, measured under the crust of thickness Deq (Fig. S14a and S14b).  

The perturbation d is > 0 in regions of thin crust and < 0 in regions of thick crust.  Equating the 

equilibrium heat flux for a crust of thickness Deq - d, and the heat delivered by the subsurface 

liquids of radiogenic heat flux qr, and qm from the cooling mantle, we have: 

 

 Δ𝑇𝑠𝑙𝑘

𝐷𝑒𝑞 − 𝑑
= 𝑞𝑟  1 +

𝑑

𝐻
 + 𝑞𝑚  

 

(11)  

We would like to solve for stable topography d as a function of H and Deq.  The above equation 

for d is quadratic and therefore there are two solutions.  Using Δ𝑇𝑠𝑙𝑘 = qoDeq, which we do 

throughout the remainder of this section, we have 

 

𝑑 = 0 

 𝑑 = 𝐷𝑒𝑞 −
𝑞𝑜

𝑞𝑟
𝐻 

 
(12)  

If qm = 0 the nontrivial solution is 𝑑 = (𝐷𝑒𝑞 − 𝐻).  Essentially, subsurface topography can only 

be in equilibrium in two locations, which, depending on the actual, independent values of d, Deq, 

and H, need not exist.  This suggests that without convection, subsurface topography is unstable. 

 

7.3 Thermal equilibrium surfaces for variable basal crustal topography 

 

 To gain insight into the behavior of basal crustal topography under these conditions, we can 

calculate the hypothetical equilibrium crustal thickness for a given basal topography.  We model 

the topography perturbation d(x) a degree-2 perturbation.  We again assume that at d(x) = 0 the 

crust is of mean thickness Deq, in equilibrium with mean basal heat flux qo, and mean liquid 

height H.  As before, we assume that the perturbation d produces fractional thickness changes 

(1+ d/H) of the underlying heat producing layers, and proportional changes to the basal heat flux: 

 

 𝐷𝑒𝑞𝑞𝑜

𝐷𝑒𝑞
′

= 𝑞𝑟  1 +
𝑑

𝐻
 + 𝑞𝑚  

 

(13)  

where 𝐷𝑒𝑞
′  is a hypothetical crustal thickness that can be thicker or thinner than the actual crustal 

thickness Deq - d, depending on the value of H. 𝐷𝑒𝑞
′  represents the direction in which the crustal 

topography will grow or shrink due to an excess or deficit of basal heat flux.  
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 Two different regimes of instability exist, leading to growth or decay of initial crustal 

topography, depending on H.  These two regimes are illustrated in Fig. S14b, where we plot 𝐷𝑒𝑞
′  

for degree-2 basal crustal topography for two values of H.  The exact H that separates the two 

regimes is given by the value of H that produces thermal equilibrium at the thinnest portion of 

the crust: 

 

 𝐻𝑐 =
𝑞𝑟

𝑞𝑜
(𝐷𝑒𝑞 − 𝑑𝑜 ,𝑖) 

 
(14)  

 

where do,i  is the maximum initial amplitude of the topography perturbation.  For H = Hc, all 

regions of low crustal thickness (< Deq) have 𝐷𝑒𝑞
′  ≤ Deq - d, and tend to become thinner, and all 

regions of high crustal thickness (> Deq) have 𝐷𝑒𝑞
′  > Deq - d, and tend to become thicker.  Figure 

S14c shows a plot of 𝐷𝑒𝑞
′   for H = Hc. 

 

 The critical Hc can be easily understood in the case of no constant background heating, qm = 

0, such that, qo = qr.  Then for d << Deq we have Hc  ≈ Deq.  In this case small differences in 

topography yield differences in heat flux that are approximately equal to the amount of heat 

required for the crust to sustain a perturbation d from Deq.  However, if H << Deq, the liquid 

concentration of heat producing elements is relatively high, and small differences in topography 

yield a much larger fractional change of basal radiogenic heat than needed to maintain the 

perturbation d relative to Deq.  Similarly, if H >> Deq, the liquid concentration of heat producing 

elements is relatively low, and small differences in topography are associated with relatively 

minor changes in basal radiogenic heat, and the perturbation d cannot be sustained. 

 

8.  Final crystallization of liquids under the thin and thick regions of crust 

 

 Ultimately, whatever the final source of heat loss for the liquids that remain under the crust, 

they will crystallize a mixture of plagioclase and mafic minerals.  Since only the plagioclase 

component builds the crust, the crust will only grow by a fraction of the remaining space 

available.  This fraction will be the fraction of plagioclase crystallized from magma ocean 

liquids, fp. Assuming one portion of the crust does not crystallize much more rapidly than the 

other, the added thickness of the plagioclase crust under the thinnest portion of the crust due to 

cooling is then approximately: 

 

 ∆𝐷𝑐𝑜𝑜𝑙 ,𝑝𝑙𝑎𝑔
𝑡𝑖𝑛 = 𝑓𝑝(𝐻 + 𝑑𝑜) 

 
(15)  

where do is the final amplitude of the degree-2 crustal thickness from tidal dissipation (Fig. S15). 

The added thickness of crust under the thickest portion of the crust due to cooling is similarly: 

 

 ∆𝐷𝑐𝑜𝑜𝑙 ,𝑝𝑙𝑎𝑔
𝑡𝑖𝑐𝑘 = 𝑓𝑝(𝐻 − 𝑑𝑜) 

 
(16)  

The final crustal thicknesses are therefore approximately: 

 

𝐷𝑓𝑖𝑛𝑎𝑙
𝑡𝑖𝑛 = 𝐷𝑜− 𝑑𝑜 + 𝑓𝑝(𝐻 + 𝑑𝑜) 
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 𝐷𝑓𝑖𝑛𝑎𝑙
𝑡𝑖𝑐𝑘 = 𝐷𝑜 + 𝑑𝑜 + 𝑓𝑝(𝐻 − 𝑑𝑜) 

 
(17)  

where Do is the mean crustal thickness.  The last half of anorthositic crust formation takes place 

during the latest stages of magma ocean crystallization (> 90%), and the value of fp at this time is 

≈ 0.35 (S53).  The above relationships are used to derive the final Moho surface in Fig. S15 with 

fp = 0.35. 

 

 Ultimately, a mechanism for the final loss of heat is required to effect crystallization, since 

there are a number of geologic constraints that suggest that a liquid layer could not have existed 

for extensive periods of time (reviewed in (S48, 54)).  Volcanism is an example of such a 

mechanism. 

 

9. Thermal properties of the crust, mantle, and magma ocean 

 

9.1 Thermal properties of the crust and mantle 

 

 For the anorthositic crust we use a thermal conductivity of 1.8 W m
-1 

K
-1

.  This value comes 

from the average of the conductivity for feldspar rich plutonic rocks, including anorthosite, over 

the temperature range of 200-750 °C (S55).  The conductivity of these rocks decreases as a 

function of temperature up to ~500 C°C, but is nearly constant at 1.6 W m
-1 

K
-1

 between 500 and 

750 °C.  Higher temperature data could not be located.  Birch and Clark (S56) reported 

anorthosite conductivity of 1.7-1.8 W m
-1 

K
-1

 at 0 °C, and an increase in conductivity by 9% at 

300 °C.  Clauser and Huenges (S55) interpreted the near constancy of high temperature 

conductivity in feldspar-rich rocks as a balance between an increasing anorthite conductivity and 

a decreasing mafic component conductivity.  However, in light of the uncertainty of the mafic 

mineral content of the lunar crust, and the uncertainty in the conductivity values at temperatures 

above 750 °C, we use the 1.8 W m
-1 

K
-1

 estimate for the entire crust.  If the conductivity does in 

fact increase at higher temperatures (and depth) in the Moon, this is still a fair estimate given that 

we are not accounting for the 5-10 fold decrease in conductivity in the 2-4 km thick surficial 

megaregolith, which would at least partially offset such an increase (S57). 

 

 For the lunar mantle and lithosphere, we use a thermal conductivity of 1.6 W/m/K.  This value 

comes from the average of the conductivity for conduction transport dominated (vs. radiative 

dominated) volcanic rocks, including basalt, over the temperature range of 500-1200 °C (S55).  

The conductivity of these rocks decreases as a function of temperature up to 1200 °C.  The 1.6  

W m
-1 

K
-1

 estimate compares favorably with the temperature dependent conductivity as 

parameterized by (S58): 1.6 W m
-1 

K
-1

 for basic rocks (basalt), and 1.5 W m
-1 

K
-1

 for ultra basic 

rocks (dunite, peridotite), at a temperature of 1200 °C. 

 

 The temperature dependence of the heat capacity, c, of magmatic rocks, including basalts, was 

reported by (S59) and (S60).  The temperature dependence of the heat capacity of anorthite was 

reported by (S61).  In all cases, heat capacity increases with temperature.  Based on these studies, 

a value of 1100 J kg
-1

 K
-1

 is a reasonable approximation for both basaltic rock and anorthite at 

temperatures above ~750 °C, and we use this value in our calculations of mantle heat flow.  
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Below 750 °C, ~1000 J kg
-1

 K
-1

 is a better estimate for both anorthite and basalt.  For the 

lithosphere and crust, a value of 1000 J kg
-1

 K
-1

 is used, since average crustal and lithospheric 

temperatures will be lower than those of the mantle alone. 

 

 The density of the crust and mantle are assumed to be 2900 kg/m
3
 and 3300 kg/m

3
, 

respectively.  The density of the lithosphere is assumed to be 3200 kg/m
3
.  The thermal 

diffusivity with the above parameters is then 6.2 × 10
-7

 m
2
/s for the crust, 4.4 × 10

-7
 m

2
/s for the 

mantle, and 5.6 × 10
-7

 for the lithosphere. 

 

 Relevant parameters are summarized in Table S5. 

 

9.2 Temperature of the magma ocean 

 

 The magma ocean temperature is important for constraining both the viscosity of the base of 

the lower crust (Section 5) and the equilibrium thickness of the crust.  A number of magma 

ocean and bulk lunar composition models have been developed to estimate the temperature as the 

magma ocean cooled. In the bulk Moon composition crystallization experiments of (S62), 

plagioclase first appeared at 1270 °C, suggesting this is an upper limit on the temperature just 

after the crust started forming.  The magma ocean temperature towards the end of crustal growth 

can be constrained based on the liquidus and solidus of late-stage cumulates and the upper lunar 

mantle.  The solidus of late stage Ti-rich cumulates at 100 km depth was estimated to be ~1125 

°C by (S63). The solidus and liquidus temperature of KREEP basalt was estimated to be 1025 °C 

and 1175 °C, respectively (S64). The mantle solidus at a depth of 60 km was estimated to be 

1180 °C in (S65).  Based on these estimates, in the tidal heating calculations we assume a 

temperature of 1175 °C when the Moon was at 20 RE, and 40-60 km of crust had crystallized.  

Note that KREEP basalt may not have yet been crystallizing when tidal dissipation was most 

effective. 

 

 In order to remain a fractionally crystallizing and differentiating magma ocean, the crystal 

fraction must be below approximately ~50% to avoid “lock up” (S29), and therefore the magma 

ocean temperature must be approximately greater than the mean temperature of the solidus and 

liquidus temperature of the last crystallization products.  Therefore, a reasonable lower limit of 

final magma ocean liquid temperatures would be between the solidus and liquidus of KREEP 

basalt, or approximately 1100 °C. 

  

10. Early heat flux in the magma ocean 

 

10.1 Introduction to a first order model 

 

 The early lunar heat flux and heat sources determine the thickness at which the growing crust 

will reach conductive equilibrium.  The heat flux and heat sources are important parameters in 

determining the equilibrium thickness for the case of an additional tidal heating source (Section 

5). 

 

 Our goal in the following analysis is not to make a complete and precise model of the history 

of the lunar heat flux, but rather to derive reasonable estimates of relevant heat flow values from 
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first order assumptions informed by our recent understanding of the Moon’s structure and 

geochemistry.  Some of our assumptions are simplifications of complex and still incompletely 

understood processes.  However, the analysis will show it is likely that during crustal growth 

there was a significant heat flux from radiogenic residual magma ocean liquids and cooling of 

the underlying mantle.  Our model of the early Moon starts with a crust grown by a significant 

amount ~20-100 my after accretion (S27, 28), but assumes the crust formation process is not 

100% complete.   

 

 For the sake of transparency and consistency, in our calculations we often use more decimal 

places than are justified given our uncertainty in the model parameters.  Figure S16 will be 

useful in interpreting the analysis. 

 

10.2 Bulk radioactive element concentrations constrained by heat flow and sample chemistry 

 

 The most important radioactive elements in the early lunar heat budget were 
235

U, 
238

U, 
232

Th, 

and 
40

K (S48, 66).  A number of models for the radioactive element content of the Moon have 

been put forward, mostly informed by trace element abundances in lunar samples (S67), surface 

heat flow measurements (S68), and orbital measurements of thorium (S69).  As in previous 

studies (S66, 68), we use the Apollo 15 and 17 heat flow measurements and the observed ratios 

of U, Th, and K in lunar samples as critical constraints on the bulk heat production in the Moon.  

We assume that the Th and U abundances are defined by the ratio Th/U = 3.70 (S70).  This ratio 

is comparable to the Th/U ratio of 3.63 for chondritic meteorites (Table S5), and similar to the 

values used in previous work (3.8 in (S67), 3.7 in (S68), 3.5 in (S71)).  The lunar K/U ratio was 

parameterized in (S70) to be 397Th  + 154 ppm (or 1469U + 154 ppm using Th/U = 3.7), but the 

ratio is more variable than the Th/U ratio.  The parameterization was developed based largely on 

high Th samples (>0.5 ppm), and leads to anomalously high K values when low Th values (< 0.2 

ppm) are used as a constraint, which is the case when considering bulk Moon models.  

Therefore, we adopt the approximation K = 2000 × U, as in (S66, 68, 71) (K/U = 2066 in (S67) 

and K/U = 2500 in (S52)). The past heat flux for typical K, Th, and U concentrations in 

radiogenic magma ocean residual liquids using K = 2000 × U is less than 5% different from the 

value using the parameterization in (S70).  Given these ratios of K, Th, and U, we will compare 

the U content of the Moon with the U content of chondritic meteorites.  The past heat production, 

A, based on the present day concentration of these elements is given by equation 4.8 of (S25).   

 

 The measured heat flux of the Moon at the Apollo 15 and 17 sites is 21 and 14 mW/m
2
, 

respectively, after corrections for local topography (S68).  However, it has long been recognized 

that the Apollo 15 measurement is in a region of enhanced radioactivity, now known as the 

Procellarum KREEP Terrane (PKT) (S72), and that the values at the Apollo 17 site are likely 

closer to background values (S68, 73).  Modeling based on megaregolith conductivity and 

thickness at the Apollo 17 site suggests the heat flow there is closer to 12 mW/m
2
 (S73).  More 

recent global data have also revealed that the Apollo 17 site is just on the edge of the PKT 

terrain, and may also reflect a value slightly higher than the background value, which may be 

~11 mW/m
2
 (S74).  

 

 We may estimate the mean global heat flux by accounting for the total surface area of the 

PKT and the Apollo 15 heat flux measured within it.  The PKT occupies about 16% of the lunar 
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surface (S72).  If we assume the non-PKT background heat flux is close to the mega-regolith 

corrected Apollo 17 value of ~12 mW/m
2
 (S73), and a representative value for the PKT is ~21 

mW/m
2
, then we have: 

 

Present global heat flux accounting for high PKT radioactivity = (0.16)21 + (0.84)12 = 13.44 

mW/m
2
. 

 

This value is lower than the global 18 mW/m
2
 estimate by Langesth et al. (S68).  Depending on 

assumptions, it is possible the maximum heat flux in the PKT may be ~30 mW/m
2
 (S74).  Using 

30 mW/m
2 
instead of 21 mW/m

2
 would increase the global estimate by ~2 mW/m

2
. 

 

10.3 Observed heat flow corrected for lithosphere cooling  

 

 The above global heat flux is not likely representative of the integrated radiogenic element 

heat flux because the Moon’s initial heat is being lost through cooling of the lithosphere.  

Assuming that the first flotation crust formed at ~1200 °C (S62) and the surface lunar 

temperature is 0 °C, we may estimate the present surface heat flux from the lithosphere as the 

cooling of an infinite half-space over 4.4 by: Δ𝑇𝑘/ 𝜋𝜅𝑡, where Δ𝑇 is the difference between the 

initial rock temperature and the constant surface temperature (S25).  This yields 4.36 mW/m
2
, 

using the thermophysical properties described in Section 9.1.  This assumes the upper layers 

cooled largely by conduction, which is a reasonable approximation given the early development 

of the lunar lithosphere (S75), and its likely monotonic growth over longer timescales (S76).  

Similar calculations are routinely applied to the oceanic lithosphere.  Therefore, the theoretical 

global mean heat flux allowing for cooling of the lithosphere is: 

 

Estimated present measurable global mean heat flux minus lithosphere cooling = 13.44 – 4.36 = 

9.1 mW/m
2
 

 

The megaregolith in the upper ~5% of the crust may have a conductivity 5-10 times lower than 

the crust (S57, 73).  However, even assuming one tenth the conductivity for the entire crust, (k = 

0.18) the heat flux is still an appreciable 1.5 W/m
2
, due to the appearance of k in both the 

denominator and numerator, since κ = k/cρ.  Langseth et al. (S77) estimated the contribution of 

initial heat as 2-4 mW/m
2
 for 3 by of cooling, and dismissed it as negligible, compared to 

initially high Apollo 15 and Apollo 17 heat flux measurements of 33 mW/m
2
 (S77) and 28 

mW/m
2
 (S68, 78), respectively (subsequently both refined downwards (S68)). However, in light 

of recently lower global mean heat flux estimates, it is relatively important. 

 

10.4 Unobserved extra heat flow due to radioactivity in the deep Moon 

 

 The above refined estimate does not likely represent the total integrated radiogenic heat flux 

because the Moon is not likely in a steady state equilibrium with all of its heat sources, as 

assumed in (S68) and discussed in (S73, 79).  This is because the thermal diffusion thickness  𝜅𝑡 

for 4.4 billion-year-long-cooling of the lithosphere is only ~280 km, and any radiogenic heat 

from beneath this level since accretion will not be observed at the surface (a point also made by 

(S80, 81)), assuming the uppermost layers of the Moon have largely cooled by conduction for 

most of their history.  Again, this is at least a plausible first order assumption since the Moon 
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developed a lithosphere at an early time (S75).  Ultimately, the depth of melting in the magma 

ocean determines how much of the Moon is able to upwardly concentrate U, Th, and K in the 

late stage liquids near the surface, which are therefore visible to surface heat flux  measurements 

(S82), and how much of the deeper Moon is possibly less depleted in U, Th, and K, and invisible 

to heat flux measurements. 

 

 The exact depth of the magma ocean is unknown, but nearly all modern estimates are > 280 

km (S48), such that thermal diffusion of any radiogenic heat from beneath this layer would not 

reach the surface in 4.4  by.  Seismic data are suggestive of a discontinuity at ~500 km which 

may represent the depth of melting, but a melting depth of 1000 km cannot be ruled out (S48, 83-

86).  Thermal cooling and contraction models suggest a depth of ~630 km is permitted (S87), 

while petrologic constraints place limits from 450 – 1200 km (S48, 88-91).  Hess and Parmentier 

(S92) assumed an ocean 800 km deep in their modeling of cumulate overturn and volcanism.  An 

ocean of such a depth would produce a global anorthositic crust ~60 km thick in their model.  

More recent refinements of crustal thickness suggest global means of ~45-50 km (S2, 93, 94).  

Herein, we assume the depth of melting to be 600 km, which under the model of (S92) would 

lead to an average crust 45 km thick.  In this case the underlying primitive mantle comprises 

28% of the lunar volume.  The rest of the volume would have upwardly concentrated heat 

producing elements into a late-stage residuum, which lies within ~75 km of the surface (S52).  

This means that 72% of the lunar radioactive elements are near the surface, which is in 

agreement with the 75% estimate of (S72).  To better estimate the bulk lunar abundances of 

radiogenic elements, we must therefore accommodate the hypothetical heat flux (0.28/.72) × 9.1 

= 3.5 mW/m
2
, which would be due to deep radioactivity if it could be measured at the surface: 

 

Theoretical present global radiogenic heat flux including deep mantle radioactivity = 9.1 + 3.5 = 

12.6 mW/m
2
 

 

 In making the above calculation, we have assumed that most of the radioactive elements in 

the primitive mantle below 600 km have not migrated upwards above the conductive cooling 

limit of 280 km, where they would be visible to the Apollo heat probes.  While the primitive 

mantle would have heated and likely melted due to its heat producing element content, it is not 

likely that all of the radiogenic material would have migrated upwards above 280 km.  For 

example, (S76) and (S95) considered the thermal evolution of the Moon with a bulk Moon U 

concentration of 0.030 ppm U, and 0.033 ppm U, respectively.  While the internal distribution of 

U, Th, and K in their models was somewhat different from the one assumed here, the models 

found melting in the range of 300-700 km depth, which is below 280 km.  Furthermore, the 

Moon’s 500 km seismic discontinuity suggests that any level of melting and differentiation in the 

primitive mantle was incomplete and did not completely homogenize itself with the magma 

ocean cumulates (see also Section 10.8).  Therefore, whatever the complex history of the 

primitive material from 600-1748 km depth, a reasonable first order estimate is that it did not 

differentiate completely such that all of its heat producing elements migrated to within the 280 

km threshold required for visibility to the Apollo heat probes. 
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10.5 Final corrections to observed heat flux 

 

 A third, but less important correction to the heat flux is the lag time between the decay of 

radioactive elements and the time to diffuse their heat upwards.  The Moon’s late-stage residuum 

and crust should contain most of the magma ocean’s radioactive elements, and are within ~75 

km of the surface (S52, 96).  The thermal diffusion time for this thickness is ~400 million years.  

Since this time, the present bulk lunar radioactive element concentration has decreased slightly, 

and we are now witnessing past heat from higher abundances of radioactive elements.  However, 

the correction based on equation 4.8 of (S25) is only a difference of about 6%, which we ignore 

here.  We also assume in this section that the concentration of radioactive elements between 75 

and 280 km is negligibly low due to differentiation, which is admittedly a first order 

simplification. 

 

 While the uncertainty in the representative observable mean global heat flux is probably 

comparable to or even greater than the corrections from the above effects, we still feel the 

corrections are reasonable estimates, and are important in obtaining an accurate picture of the 

total concentrations of radioactive elements. We will use 12.6 mW/m
2
 as our model-derived 

hypothetical present heat flux due to the all of the Moon’s radioactivity. 

 

 We find that assuming U abundances of 0.032 ppm (equivalent to 4.0 × chondritic values, 

Table S5), the U/Th and U/K ratios discussed above, a bulk lunar density of 3340 kg/m
3
, and a 

radius of 1737.4 km, we obtain a present hypothetical global heat flux from all radioactive 

sources of 12.6 mW/m
2
.  As a check of our calculations, if we assume a present U concentration 

of 0.046 ppm, as in Langseth et al. (S68), we obtain a heat flow of 18.0 mW/m
2
, in agreement 

with Langseth et al. (S68).  Drake (S97) and Hood (S98) estimated that mean heat flow 

measurements of 11 and 14 mW/m
2
 would be in equilibrium with bulk U of 0.029 and 0.033 

ppm, respectively. 

 

 The bulk U concentration for this model is similar to Taylor’s (S99) estimate of 0.033 ppm 

and Joliff’s et al.’s (S72) more recent estimate of 0.039 ppm.  Drake (S97, 100) estimated U 

concentrations of 0.020 ppm for a 50 km thick crust assuming no U remained in the mantle.  

Assuming that 28% of the Moon retained its primitive U conentration, as we have, would make 

his estimate 0.029 ppm, which is also close to ours.  Wieczorek and Phillips (S74) found a bulk 

U abundance of 0.024 ppm would be consistent with heat flux observations at the Apollo 15 and 

17 sites. Rasmussen and Warren (S57, 73) estimated lower U concentrations of ~0.020 ppm 

based on a number of assumptions about regolith properties and lunar geotherms. 

 

 The U concentration for our model and the several others cited are larger than the estimated 

silicate Earth concentration of ~0.020 ppm  (S101).  The reason why the Moon appears to have a 

greater abundance of heat producing elements than the silicate Earth from which it was 

presumably largely derived is not clear, but it is the outcome of a number of models.  Wieczorek 

et al. (S2) point out that an enriched abundance of Th (and thereby U) would be consistent with a 

Moon enriched in aluminum. Table S5 gives a summary of the estimated abundances for U, K, 

and Th in chondrites, the Earth, and our lunar model.   
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 Using U = 4.0 × chondritic values abundances (U = 0.032 ppm), and allowing for the decay of 

radioactive isotopes over 4.4 by, we have during the early magma ocean epoch: 

 

Hypothetical global heat flux from all U, Th, and K radioactivity 4.4 by ago = 43.0 mW/m
2
 

 

In the following sections, we will refine how this integrated heat flux was distributed in the 

mantle, crust, and late-stage liquids on the early Moon. 

 

10.6 Primitive mantle contribution to early radiogenic heat production 

 

 As discussed in Section 10.4, the depth of the lunar magma ocean determines how much of 

the radioactive element budget is incorporated into the crust and late stage liquids, and how 

much remains in the primitive interior.  Assuming again a magma ocean depth of 600 km, 28% 

of the bulk lunar U, Th, and K cannot completely migrate upwards during differentiation.  

Therefore, assuming the mode of heat transport is conduction, the contribution of these elements 

to the heat flux at the base of the early lunar crust is 0.28 × 43.0 = 12.0 mW/m
2
, and can be 

subtracted from the heat flux due to radioactivity from the bulk Moon: 

 

Past global radiogenic heat flux minus deep primitive mantle radioactivity = 43.0 -12.0 = 31.0 

mW/m
2
 

 

This decrease in basal heat flux at the crust will lead to a larger crustal thickness in equilibrium 

with subsurface heat. 

 

 The same reasoning used in Section 10.4 can be applied here to argue that the primitive 

mantle did not necessarily release all of its radiogenic elements to within the thermal diffusion 

depth necessary to affect the early basal crustal heat flux.  In this case, the relevant thermal 

diffusion time is the time of near-completion of magma ocean crystallization, about 100 my, 

which has a diffusion depth of only 40 km in the mantle.  It is unlikely the sub-600-km-deep 

primitive mantle would have differentiated fully and all of its radioactive elements would have 

migrated upwards to within 40 km of the base of the crust, within 100 my.  Therefore, the above 

correction is reasonable to first order. 
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Table S5. Lunar heat flux model parameters 
Radioactive element parameter U 

232
Th K 

Chondritic abundances*, ppm  0.008  0.029 550 

Silicate Earth abundances, ppm (S101) 0.020 0.80 240 

Assumed present lunar abundances†, ppm 0.032 0.118 64 

Half lives, years (S25)   7.04 × 108 (235U), 4.47 × 109 (238U) 1.4 × 1010 1.25 × 109 (40K) 

Heat production, A, W kg-1 (S25) 5.69 × 10-4 (235U), 9.46 × 10-5 (238U) 2.64 × 10-5 2.92 × 10-5 (40K) 

Model parameters Value
‡
 

Derived present global mean heat flux, mW m-2 13.4 

Present heat flux from lithosphere cooling, mW m-2 4.4 

Present deep (unseen) radiogenic heat flux, mW m-2 3.5 

Present total radiogenic heat flux, mW m-2 12.6 

Model bulk Moon radiogenic heat flux 4.4 by ago, mW m-2 43.0 

Past radiogenic heat flux from upper crust, mW m-2 10.9 

Past deep radiogenic heat flux, mW m-2 12.0 

Past radiogenic heat flux from magma ocean liquids, mW m-2 21.1 

Past heat flux from mantle cooling, mW m-2 7.3 

Conductivity of the crust, W m-1 K-1 1.8 

Conductivity of the mantle, W m-1 K-1 1.6 

Heat capacity of the mantle alone, J kg-1 K-1 1100 

Heat capacity of the crust and lithosphere, J kg-1 K-1 1000 

Crust density, kg m-3 2900 

Lithosphere density, kg m-3 3200 

Mantle density, kg m-3 3300 

Bulk Moon density, kg m-3 3340 

Crust thermal diffusivity, m2 s-1 6.2 × 10-7 

Lithosphere thermal diffusivity, m2 s-1 4.4 × 10-7 

Mantle thermal diffusivity, m2 s-1 5.6 × 10-7 

* Chondritic abundances from the range reported in (S101). 
† Assuming U = 0.032, Th/U = 3.70, K/U = 2000. 
‡ Heat flow values are reported with one decimal place accuracy only for transparency in the calculations. 

 

10.7 Heat production from elements in the early (and present) upper crust 

 

 The partitioning of Th, U, and K between the crust and residual liquids is important for 

constraining the equilibrium crustal thickness during magma ocean crystallization.  While most 

incompatible elements should be trapped in late-stage liquids sandwiched between the crust and 

mantle, remote sensing data suggests significant upper crustal abundances of thorium compared 

to the bulk Moon (S72).  Warren et al. (S102) inferred that bulk crustal abundances were ~1-1.7 

ppm, and that thorium decreases with increasing depth.  Langseth et al. (S68) and Metzger et al. 

(S69) also assumed bulk crustal thorium of ~1 ppm.  The plausible origins of this surface 

enhancement likely include incorporated melt in flotation cumulates (S42), excavation and 

remobilization of KREEPy intrusive rocks such as the Mg-suite (see page 385 of (S48)), and 

possibly global redistribution of KREEP-rich Imbrium ejecta (S103).  Which effect dominates is 

unknown, but the fact that thorium is not symmetric across the highlands (S103) suggests global 

melt trapping in the first few kilometers of crust is not the entire explanation.  Further, thorium’s 

negative correlation with crustal thickness (S102) is evidence that post-magma ocean intrusive 

processes may be important.  

 

 Regardless of the exact mechanism of surface enhancement, it is unlikely that the crust can be 

uniformly composed of ~1 ppm thorium.  Firstly, such a crust would be too rich in heat 
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producing elements to be compatible with global differentiation and segregation of heat 

producing elements into a radiogenic late-stage residuum (S52, 54).  This can be illustrated by 

the theoretical present day heat flux from a crust with 1 ppm Th (and 0.27 ppm U, 540 ppm K).  

Such a crust has a heat production of 1.6 × 10
-7

 W/m
3
, using parameters in Table S5.  For a mean 

crustal thickness of 45 km, the crust would have a heat flux of  7.0 mW/m
2
.  However, in Section 

10.3 we calculated that the heat flux from shallow radioactivity after accounting for lithospheric 

heat is ~9 mW/m
2
.  Therefore, a uniform crust of 1 ppm Th would explain nearly all (75%) of 

the observed lunar heat flow without the existence of a significant late-stage radiogenic residuum 

layer (> 1 ppm thorium) at depth, which is very likely to exist in some form. 

 

 Secondarily, a crust uniform in ~1 ppm thorium ignores strong constraints imposed by the 

thorium concentration of the ferroan anorthosite (FAN) suite.  The FAN suite is believed to form 

a large fraction of the lunar crust (S96), and extremely pure anorthosite has recently been 

observed globally (S104).  Such pure anorthosite may form by efficient extrusion of trapped melt 

during extremely slow cooling and compaction in the mid to lower levels of the lunar crust 

(S42).  Pristine FAN suite rocks typically have Th concentrations between 0.01 and 0.1 ppm (e.g. 

Fig. 3b of (S105), Fig. 3.4 of (S2), discussion in (S70) and (S52)), usually more than an order of 

magnitude smaller than assumed for bulk crustal models.  For example, the well-studied pristine 

FAN 15415 “Genesis Rock” (S106) has a Th concentration of 0.003-0.028 (S107-109), and 

FANs 60025 and 67075 also have very low Th concentrations of 0.0002-0.005 ppm  (S110) and 

0.015-0.046 ppm (S111-113),  respectively.  Notably, 60025 and 67075 likely formed at depths 

of ~21 and ~14 km, respectively, based on cooling rate estimates (S114).  Because the FAN suite 

is believed to form a large fraction of the lunar crust, it is unlikely that the 1 ppm thorium values 

observed near the surface with gamma ray spectroscopy are representative of the crustal thorium 

more than a couple tens of kilometers depth.  McCallum et al. (S114) also concluded that there 

was a reduced KREEPy signature in the middle crust, and that rocks from the lower half of the 

crust have probably not been sampled.  A more reasonable alternative to a uniform thorium 

content in the crust is that thorium decreases with depth, plausibly due to increasing efficiency of 

extrusion of radiogenic KREEP-rich liquids from crustal rocks as the crustal growth rate slows, 

as suggested by (S42). 

 

 To account for a decrease in thorium with depth, and the observation of ~1 ppm levels in the 

upper crust, we assume an exponential decrease in thorium and volumetric heat production, A, 

with depth, D, as is common for models of Earth’s crust, 

 

 
𝐴(𝐷) = 𝐴𝑜𝑒

−𝐷/𝐷𝑟  

 
(18)  

where Ao is the surface heat production rate and Dr is a spatial decay constant.  The temperature 

associated with a layer of thickness D with exponentially decreasing heat production is (S25) 

 

 
∆𝑇 =

𝐴𝑜𝐷𝑟
2

𝑘
 1 − 𝑒−𝐷/𝐷𝑟  

 

(19)  

The surface heat flux from exponentially decreasing heat production in a crust of infinite depth is 

(S25) 
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 𝑞 = 𝐴𝑜𝐷𝑟  

 
(20)  

We assume that that the present near-surface concentration is 1 ppm thorium (and 0.27 ppm U, 

540 ppm K), yielding a heat production of:  

 

Ao =1.6 ×10
-7

 W/m
3
, today, 

Ao = 5.4 ×10
-7

 W/m
3
, 4.4 by ago. 

 

Warren et al. (S102) estimated ~ 1 ppm thorium crustal abundances from materials exposed by 

excavation of the upper ~25 km of crust.  We assume: 

 

Dr = 20 km. 

 

This depth is also consistent with the very low Th values of anorthosites 60025 and 67075, 

believed to be derived from 14-21 km depth. This results in a 4.4-by-old surface heat flux due to 

upper crustal radioactivity: 

 

Past radiogenic global heat flux from upper crustal radioactivity alone = 10.9 mW/m
2
, 

 

assuming an infinite depth crust.  This is a good approximation if D > 2Dr, since the heat 

production drops by a factor of 1-1/e
2
 = 0.86 in this distance.  Since this is usually the case in the 

crust, we can subtract this crustal heat flux from the non-primitive-mantle radiogenic heat flux to 

obtain the contribution from the subsurface radiogenic residual liquids alone: 

 

Past radiogenic global heat flux due residual radiogenic liquids alone = 31.0 – 10.9 = 20.1 

mW/m
2
 

 

This calculation implicitly assumes that crustal thorium was trapped in the crust immediately as 

it formed, not by some post-crust formation process that brought it from depth, as discussed 

above.  If this is not the case, then the past radiogenic heat flux from subsurface liquids would be 

greater.  

 

 The above calculation also assumes the abundance of radioactive elements in upper mantle 

cumulates is negligible.  This assumption is difficult to assess because many of the lunar samples 

derived from the mantle have interacted with the KREEP-rich region near the crustal boundary.  

As discussed by (S115), mare basalts may incorporate KREEP through assimilation, 

contamination during passage to the surface, or during downwelling of KREEP rich material into 

the mantle.  Similar processes may have operated for the volcanic glasses (S116).  Until better 

information becomes available, our first order approximation is that the magma ocean portion of 

the differentiated mantle sequestered a negligible amount of heat producing elements compared 

to the crust. 

 

 For the inferred present Th abundances, the exponentially decreasing heat production model 

gives a present crustal surface heat flux of 3.2 mW/m
2
, which is 35% of the inferred 9.1 mW/m

2
 

total radiogenic heat flux.  If the non-crustal non-primitive-mantle abundances of Th, U, and K in 

this model were entirely trapped in a late-stage global 5-km-thick layer 50 km deep, the present 
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abundances would be 10.5 ppm Th, 2.8 ppm U, and 5670 ppm K, which is within the range 

observed in KREEP basalts (e.g (S70)).   

 

10.8 Contribution of upper mantle cooling to early heat flux  

 

 As plagioclase floats in the magma ocean to form the lunar crust, mafic minerals co-

crystallize and sink to form the lunar mantle.  These denser cumulates overlie hotter, earlier 

cumulates that vary in temperature up to 1600 °C (S62).  The cooling of these cumulates will 

release heat into the overlying liquid layer, thereby adding to the basal heat flux into the crust 

from radioactivity.  This added heat flux will alter the crustal thickness that will be in 

equilibrium with subsurface heat.  Whether heat from these early cumulates was transported by 

conduction or convection is unknown, but as reviewed extensively on pages 475-480 of (S48), 

there are a number of reasons why conduction may have been the dominant mode of heat 

transport.  For example, the upward-growing cumulate mantle became progressively denser with 

crystallization, such that it would be stable against convection (S92, 117).  Even if convection 

developed in the lunar mantle, the onset of convection may have been delayed for hundreds of 

millions of years (S118), such that it may not be relevant to the basal heat flux during final 

crystallization of the overlying crust.  Eventually, in the very final stages of magma ocean 

crystallization, we do not rule out an overturn event due to density differences (S54). 

 

 Assuming conductive heat transport from underlying cumulates is a reasonable first order 

approximation, it is not trivial to calculate the heat flux since cooler cumulates are continually 

being added to the hotter underlying cumulates and continually insulating them.  Furthermore, 

the liquid temperature at the surface of the cumulates is continually decreasing as the magma 

ocean crystallizes.  However, an estimate of the heat flux may be calculated by assuming that a 

mass of cumulates formed at some initial temperature, and has ever since been cooling to the 

temperature of the late-stage liquids.  This allows the cooling to be modeled by cooling of a 

semi-infinite half space, as in Section 10.3.  If we assume an upper mantle cumulate temperature 

of 1450 °C, and a temperature of 1150 °C for the late stage liquids, we then have a heat flux of  

 

Early mantle cooling contribution to basal heat flux: 7.3 mW/m
2
. 

 

Therefore, the approximate heat flux at the base of the early-forming crust is: 

 

Past global radiogenic heat flux minus mantle radioactivity, plus cumulate cooling = 20.1 + 7.3 = 

27.4 mW/m
2
 

(Final estimate of early basal crustal heat flux) 

 

 To summarize, we have an ancient basal crustal heat flux of 27.3 mW/m
2
, which is the sum of 

components from radiogenic liquids (20.1 mW/m
2
) and mantle cooling (7.3 mW/m

2
).  A 

component due to radiogenic elements in the upper crust (10.9 mW/m
2
) and the deep, primitive 

mantle (12.1 mW/m
2
) have been subtracted from the global flux heat budget.  To obtain these 

estimates, a deep primitive mantle radiogenic heat production was added to the observed lunar 

heat flux, and a lithosphere cooling component was subtracted.  This process and our 

assumptions are summarized in Fig. S16. 
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11. Comments on the possibility of other processes in creating degree-2 geologic signatures 

 

 Other geophysical processes that are associated with long wavelength perturbations include 

convection and Rayleigh-Taylor instabilities, for either liquids or solids.  The role of these 

processes has been implicated in creating north-south crustal thickness changes on Mars (S119, 

120), and nearside-farside compositional anomalies on the Moon (S121).  However, just because 

a process can be explained mathematically by low-order spherical harmonics, or that process has 

length scales comparable to the low-order harmonics of interest, it does not mean that the process 

will precisely create a geologic terrain with the same spherical harmonic shape. For example, 

neither the Mars crustal thickness distribution (S122) nor the lunar nearside compositional 

anomaly (the PKT) follow precisely degree-1 shapes, as the DTT does for degree-2, despite their 

prevalence in one hemisphere.  In the case of mantle convection, a further difficulty is that the 

physical mechanism by which crustal thickness differences can be created is not well established 

(S120).  The possible role of long-lived mantle convection in the Moon in creating the DTT is 

also diminished by the apparent very early development of the DTT, inferred from its general 

state of isostasy (main text, SOM Section 3).  Therefore, we conclude that with the current 

information available, tidal dissipation processes, which have a well-established means of 

producing dominantly degree-2 crustal thickness differences (S20-22) (Section 5.5), as observed 

in the DTT, are a more plausible explanation for the DTT. 

 

12.  Further investigation of the Mare Oceanus and Mare Frigoris border 

 

 To further investigate the relationship between DTT crustal thickness and topography at the 

border of Oceanus Procellarum and Mare Frigoris, we plot in Fig. S17a and S17b the topography 

and crustal thickness along these units’ borders, as defined by the red line in Fig. 1a and 1c.  We 

also plot the free air anomaly from Kaguya SGM100h (Fig S17c). 

 

 In all three datasets the standard deviations along the border are 3 to 6 times lower than the 

standard deviations for the global datasets, even though the border profiles trace a distance of 

~6000 km, equivalent to about half the lunar circumference.  As an example, the topography 

standard deviation is only 340 m over this range, compared to 2130 m globally.  There is also 

little, if any, long wavelength trend in any of the border traces.  In other words, the crustal 

thickness, topography, and gravity are rather constant along the border.  A similar trend in 

topography referenced to the geoid is discernable from figure 1 of (S123).  

 

 We have argued elsewhere that the crustal thickness in this region is a part of the DTT, and 

the DTT is an ancient province created during crust formation (age 4.5-4.3 Ga), prior to 

extrusion of nearside mare basalts (ages < 3.9 Ga, volcanism duration > 1 billion years (S124)).  

Therefore, this constancy of the crustal thickness suggests that the Mare Frigoris and Oceanus 

Procellarum borders, and ultimately the northern and western volcanic limits of the PKT, are 

controlled by pre-existing crustal thicknesses variations established by the DTT.  This 

relationship does not establish when the PKT radiogenic anomaly was created (for example, 

either coeval with or after DTT formation).  However, it does suggest that the significant mantle 

melting and volcanism associated with the PKT took place after DTT formation, and therefore 

these events had the potential to modify the preexisting terrain closer to the PKT center, perhaps 

resulting in the lack of obvious present day degree-2 structure in the central PKT. 
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SOM Figure Captions 

 

Figure S1 

 

Diagram of the relevant variables for calculating great circle swaths of topography, crustal 

thickness, and tidal dissipation across the Moon. 

 

Figure S2 

 

A) Additional farside topography swaths fit to P2, and vertically offset for clarity, as in Fig. 1a.  

Parameters are shown in Table S1. B) Swaths plotted over LOLA topography data (4-pixel-per-

degree), as in Fig. 1b. C-D) Same as A and B but for crustal thickness. 

 

Figure S3 

 

Same as Fig. 2 but for the additional profiles given in Fig. S2. A) Mean profiles of lunar crustal 

thickness swaths derived from tidal dissipation at a = 20 RE, e = 0.02, Tb = 1175 °C, and qo =  27 

mW/m
2
 (black lines), along with the profiles from Fig. 1c (multiplied by 0.4, blue lines, 

arbitrarily offset).  Swath dimensions are the same as in Fig. S2.  Vertical axis applies to tidal 

model swath 1 only, but scale is constant throughout.  Fit directions are indicated, but no fits 

were performed in this figure.  B) Map of crustal thickness used for part A.  Model data in both 

parts have been shifted 35° east. 

 

Figure S4 

 

Values of R
2
 for fits to a degree-2 oscillation, for points on the lunar globe separated with 2° 

resolution, for φ = 0° and θ = 90°, and ψ = 105°, in simple cylindrical projection. A) R
2
 values 

with no contrast enhancement (min = 0, max = 0.9865).  B) Values of R
2
 contrasted to highlight 

points with R
2
 > 0.8 (min = 0.8, max = 0.9865).  Two regions of high quality fits are indicated by 

the two arrows.  C) Values of R
2
 contrasted to highlight points with R

2
 > 0.95 (min = 0.95, max = 

0.9865).  The two swaths plotted in Fig. S5 are centered at the points indicated with the two 

arrows (-84° S, 194°E) and (78° N, 74° E).  

 

Figure S5 

 

A) Representative swaths of topography from the two regions of high quality fits shown in Fig.  

S4c. The swaths were calculated with φ = 0°, θ = 90°, and ψ = 105°, and fit to a P2 function.  

Note that both swaths start with low topography and end with high topography.  B) Swaths 

plotted over LOLA topography data (4-pixel-per-degree).  Both swaths extend into the farside 

highlands within the DTT region fitted to a P2 function in the main text. 

 

Figure S6 

 

Same as Fig. S4a, but for φ = -90° and θ = 180°.  Minimum R
2
 = 0, maximum R

2
 = 0.9987.  The 

DTT stands out as a distinct island.  The arcuate region of high R
2
 values to the east of the DTT 
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is due to the low topography trough of the eastern portion of the DTT.  This figure is used to help 

estimate the approximate center of the DTT. 

 

Figure S7 

 

A) Four topography swaths (#11-14) from pole to pole, together encompassing all of the 

nearside, and an additional swath (#15) on the farside.  The swaths were fitted to a P2 function 

with a maximum or minimum amplitude at the equator.  B) Swaths plotted over LOLA 

topography data (4-pixel-per-degree). 

 

Figure S8 

 

A-C) P2 and degree (n) 2, 3, and 4 polynomial (Qn(x)) fits to the topography from swaths 1, 2 

and 3 from the main text.  Dashed lines indicated 95% confidence intervals.  D-F) Same as  parts 

A-C but for crustal thickness. 

 

Figure S9 

 

A and B) Best fit P2 and P1 (cos(x)) functions for a region very similar to swath 1 (see Section 

1.7), and the unmodified swath 5, respectively, for crustal thickness data.  C and D) Residuals 

from the fits in parts A and B, respectively.  The residuals in the P1 fits show symmetric and 

periodic structure, while the residuals in the P2 fits are approximately evenly distributed about 

zero, suggesting that the P2 function is much more likely to be the correct representation of the 

terrain than a P1 function. 

 

Figure S10 

 

Same as Fig. 2 (main text) but for the higher dissipation case with Tb = 1225 °C (a = 20 RE, e = 

0.02, qo = 30 mW/m
2
). 

 

Figure S11 

 

A) Swaths of crustal thickness from the tidal dissipation model with Tb = 1175 °C (a = 20 RE, e = 

0.02, qo = 27 mW/m
2
), fit to a P2 function over 90° of great circle arc.  All swaths are centered at 

(0°N, 180° E), which is the anti-Earth point.  The swaths are intended to illustrate the variation 

of the crustal thickness pattern with azimuth, as well as characterize the pattern’s similarity to a 

P2 function.  B) Map of crustal thickness for the model in A. 

 

Figure S12 

 

Same as Fig. S11 but for a map of the basal dissipation rate, in arbitrary units of energy per unit 

time per unit volume. 
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Figure S13 

 

Local degree-2 fits to the DTT (part A) and the analogous region in the most dissipative tidally-

driven crustal thickness model considered (part B, Tb = 1225 °C, a = 20 RE, e = 0.02, qo = 30 

mW/m
2
).  The resulting global expansions from the coefficients found in A and B are shown in 

parts C and D, respectively.  The similarity of parts C and D suggest that the DTT is indeed 

representative of a tidally-driven crustal thickness province.  See Section 5.6. 

 

Figure S14 

 

Amplification of late-stage basal crustal topography in the case of no lateral heat transport by 

ocean convection.  A) The lunar crust in conductive equilibrium with basal heat flux qo = qr + qm, 

and mean liquid depth H.  B) Degree-2 topography on the crust-liquid interface with amplitude 

do,i.  Dashed and dot-dashed lines are surfaces in equilibrium with basal heat, calculated with 

respect to the solid line, for H < Hc and H > Hc.  Surfaces were calculated for do,i:Deq = 1:50. C)  

Crust-liquid interface with degree-2 topography of amplitude do,i, and mean thickness Deq (solid 

black line).   The blue dashed line is the crust-liquid surface in equilibrium with basal heat, 

calculated with respect to the solid line, for H = Hc.  H = Hc yields an equilibrium surface which 

is coincident with the thinnest crust, such that values of H < Hc lead to melting of crust for all 

crustal thicknesses < Deq, and growth of crust for all crustal thicknesses > Deq.  The calculation 

was done with a ratio do:Deq = 1:5.  A large ratio of do:Deq is used here to illustrate the 

relationship of Hc to the crust-liquid interface. 

 

Figure S15 

 

Initial degree-2 crustal thickness differences will be reduced when the remaining subsurface 

liquid crystallizes, depending on the fraction of plagioclase, fp, crystallized, and the mean depth 

H.  In this example, the approximate final Moho topography is illustrated for fp = 0.35, assuming 

one portion of the crust does not crystallize much more rapidly than the others. 

 

Figure S16 

 

Sources of heat in the past and present Moon.  The present observed surface heat fluxes are used 

to derive a first order model for bulk lunar U, Th, and K, and these bulk abundances are used to 

construct the past heat flux model.  Allowances are made for the distribution of heat producing 

elements in the Moon, as well as early mantle and present lithosphere cooling.  Darker colors 

represent regions with greater amounts of U, Th, and K.  The present non-mantle radiogenic heat 

flux and lithosphere cooling heat flux do not sum up to the inferred measurable mean surface 

heat flux of 13.4 mW/m
2
 because their values have been rounded.  Not to scale. 

 

Figure S17 

 

Profiles of topography (A), crustal thickness (B), and free air gravity anomaly (C) data along the 

Mare Frigoris and Oceanus Procellarum borders (data collected along the red line in Fig. 1a and 

1c).  The profiles start in the east, near (38° N, 47.5° E) at the eastern edge of Mare Frigoris, and 

move westward and eventually south along the Oceanus Procellarum border until (-13° S, 316° 
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E, rightmost portion of plot).  Horizontal lines indicate mean values over the border trace.  The 

scales of the vertical axes reflect the approximate range of most of the data observed globally for 

each data set.  The low standard deviations and lack of any significant long-term trends indicate 

the border data are rather constant. 

 



Figure S1

θ
φ0º Great 

circles

Region of averaging 
using transects

separated by 1 degree

Fit region

Prediction region

ψ

ψ



-50 0 50 100 150
-5

0

5

10

15

20

25

30

35

To
po

gr
ap

hy
 (k

m
)

Degrees of arc

Figure S2, parts A and B

NearsideFarside

Topography (km)
7

6

Fit 
direction

8

A

B

270° E

Imbrium 
basin

SP-A basin

South Pole-Aitken 
basin

90° E90° E

7

8

6
Prediction
direction

-90

Fit region 95-105°Prediction region

One half oscillation 
Plotted on globe

90

Origin

Humboldtianum 
basin

Humboldtianum 
basin

8

8

6

7

-8 -6 -4 -2 0 2 4 6 8 10



-50 0 50 100 150
0

50

100

150

200

250

300

350

Cr
us

ta
l t

hi
ck

ne
ss

 (k
m

)

Degrees of arc

Figure S2, parts C and D

Crustal Thickness (km)

6

Fit region 100-105°Prediction region

One half oscillation  
Plotted on globe

-90 90

C

D

South Pole-Aitken 
basin 7

8

Origin

NearsideFarside

7

Fit 
direction

8

270° E

Imbrium 
basin

SP-A basin

90° E90° E

6
Prediction
direction

Humboldtianum 
basin

8

8

6

7

10 20 30 40 50 60 70 80 90

Humboldtianum 
basin



-50 0 50 100 150
50

60

70

80

90

100

110

120

130

140

150

 C
ru

st
al

 th
ic

kn
es

s 
(k

m
)

Degrees of arc
90

Figure S3

Tidal reference frame shifted 35°  east.  Compare with Fig. 1c & d.

Model Data x 0.4

A

B Tidal Model Crustal Thickness (km)

58 60 62 64 66 68 70 72 74 76 78

6

Fit region 95-105°Prediction region

Origin

One half oscillation 
Plotted on globe

South Pole-Aitken 
basin

7

Fit 
direction

8

90° E90° E

6
Prediction
direction

8

8

6

7

Sub-Earth point

7

8



Figure S4

A

B

C

0° 

180° E0° E

90° 

-90° 
360° E

Swath 10

Swath 9

Farside highlands
0.9

0.8

0.7

0.3

0.2

0.1

0.6

0.5

0.4

0

0.98

0.96

0.94

0.86

0.84

0.82

0.92

0.90

0.88

0.8

0.985

0.98

0.975

0.955

0.95

0.97

0.965

0.96

R2



-50 0 50 100 150
-6

-4

-2

0

2

4

6

8

10

12

14

16

To
po

gr
ap

hy
 (k

m
)

Degrees of arc

Figure S5

180°

Topography (km)

9

10

9

10

Fit region

Fit region

R2 = 0.99

R2 = 0.98

-8 -6 -4 -2 0 2 4 6 8 10

-90

South Pole-Aitken 
basin

Fit region 105°Prediction region

One half oscillation
Plotted on globe

90

Origin

0° E0° E

10

A

B



0° 

180° E0° E

90° 

-90° 
360° E

Farside highlands/DTT
0.9

0.8

0.7

0.3

0.2

0.1

0.6

0.5

0.4

0

R2

Figure S6



0 20 40 60 80 100 120 140 160 180

-5

0

5

10

15

20

25
To

po
gr

ap
hy

 (k
m

)

Degrees of arc

Figure S7

Topography (km)

A

B

0°

11

11

R2 = 0.05

R2 = 0.12

R2 < 0.01

Equator

To north poleTo south pole

12 13 1415
(farside)

R2 = 0.82

R2 = 0.17

12

13

14

15

Fits constrained to place the peak amplitude at center

-8 -6 -4 -2 0 2 4 6 8 10

180°E180°E



-50 0 50 100
-5

0

5

10

15

20

25

30

35

Degrees of arc

To
po

gr
ap

hy
 (k

m
)

A

B

Figure S8

Fit regionPrediction region
Not �tted

-50 0 50 100
-5

0

5

10

15

20

25

30

35

Degrees of arc

To
po

gr
ap

hy
 (k

m
)

Q4(x)

Q3(x)

Q2(x)

P2(x)

Fit regionPrediction region
Not �tted

-80 -60 -40 -20 0 20 40 60 80 100
-5

0

5

10

15

20

25

30

35

Degrees of arc

To
po

gr
ap

hy
 (k

m
)

Fit regionPrediction region
Not �tted Swath 3

Topography
Q4(x)

Q3(x)

Q2(x)

P2(x)

-80 -60 -40 -20 0 20 40 60 80 100
20

40

60

80

100

120

140

160

180

200

220

Degrees of arc

Cr
us

ta
l t

hi
ck

ne
ss

 (k
m

)

Fit regionPrediction region
Not �tted

-50 0 50 100
20

40

60

80

100

120

140

160

180

200

220

Degrees of arc

Cr
us

ta
l t

hi
ck

ne
ss

 (k
m

)

-50 0 50 100
20

40

60

80

100

120

140

160

180

200

220

Degrees of arc

Cr
us

ta
l t

hi
ck

ne
ss

 (k
m

)

Fit regionPrediction region
Not �tted

Q4(x)

Q3(x)

Q2(x)

P2(x)

C

E

F

Swath 2
Topography

Swath 1
TopographyQ4(x)

Q3(x)

Q2(x)

P2(x)

Swath 3
Crustal thick.

Swath 2
Crustal thick.

-50 0 50 100
20

40

60

80

100

120

140

160

180

200

220

Degrees of arc

Cr
us

ta
l t

hi
ck

ne
ss

 (k
m

)

D

Swath 1
Crustal thick.Q4(x)

Q3(x)

Q2(x)

P2(x)

Fit regionPrediction region
Not �tted

Q4(x)

Q3(x)

Q2(x)

P2(x)



-100 -50 0 50 100
0

20

40

60

80

100

120

140

160

180

200

220

Degrees of arc

Cr
us

ta
l t

hi
ck

ne
ss

 (k
m

)

-100 -50 0 50 100

-10

0

10

20

Degrees of arc

Cr
us

ta
l t

hi
ck

ne
ss

 re
si

du
al

s 
(k

m
)

-100 -50 0 50 100
0

20

40

60

80

100

120

140

160

180

200

220

Degrees of arc

Cr
us

ta
l t

hi
ck

ne
ss

 (k
m

)

P2

Similar to data used for swath 1,
�t over 200 degrees

-100 -50 0 50 100

Degrees of arc

Cr
us

ta
l t

hi
ck

ne
ss

 re
si

du
al

s 
(k

m
)Swath 5 �t region

cos(x)

P2

cos(x)

P2

cos(x)

P2

cos(x)

R2 = 0.84

R2 = 0.97

A

B

C

DNot �tted

R2 = 0.88

R2 = 0.97

0

-10

10

~~ ~~

~~ ~~
-10

0

10

20

0

-10

10

Figure S9

Similar to data used for swath 1

Swath 5

SP-A basin



-50 0 50 100 150
0

50

100

150

200

250

300

350

Cr
us

ta
l t

hi
ck

ne
ss

 (k
m

)

Degrees of arc
90

Figure S10
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Model Data

A

B Tidal Model Crustal Thickness (km)

Sub-Earth point

1

2

5

1
2

5

4

4

PKT border (3.5 ppm Th)

25 30 35 40 45 50 55 60 65

1

3

4

2

5

Fit region 95-105°Prediction region

Origin

One half oscillation
Plotted on globe

3

3

South Pole-Aitken 
basin

X

Fit direction

Prediction
direction

X

Imbrium basin



-50 0 50 100 150

60

70

80

90

100

110

120

130

140

M
od

el
 cr

us
ta

l t
hi

ck
ne

ss
 (k

m
)

Degrees of arc

M1

M2

M4

M1

M2

M3

M6

M5

M3
M4

M7

M7

M6

M5

Plotted on globe

270° E

Fit region 90°
Data P2 Fit

A

B
Tidal model crustal thickness (km)

Sub-Earth point

58 60 62 64 66 68 70 72 74 76 78

Figure S11



-50 0 50 100 150

0

0.5

1

1.5

2

2.5

3

3.5

4

4.5

5

D
is

si
pa

tio
n 

at
 b

as
e 

of
 c

ru
st

 (a
rb

itr
ar

y 
un

its
)

Degrees of arc

Figure S12

M1

M2

M4

M1

M2

M3

M6

M5

M3
M4

M7

M7

M6

M5

Plotted on globe

270° E

Fit region 90°
Data P2 Fit

A

B
Tidal dissipation at base of crust (arbitrarty units)

Sub-Earth point

HighLow



Lunar crustal thickness Tidal model crustal thickness
A B

C D

Figure S13



Figure S14

~~

0

-do,i

+do,i

~~

0

Lunar surface

Crust in
equilibrium

qo

Cooling cumulate mantle

Radiogenic 
residual 
liquids

D = Deq

H
H = 0.8Hc

H = 1.3Hc

qo = qr + qm

qm

qr

DeqCrust/liquid 
interface at equilibrium
at mean depth 

-do,i

+2do,i

-2do,i

45º

Equilib. crust/liquid interface

A B

~

+do,i

~

     
     

  To
pography Grows

            Topography Damps

90º 180º0º 

~~

135º

q  < qo

q  > qo

C
Deq

H = Hc

45º 90º 180º0º 135º



Initial mantle

H

Figure S15

Final Moho surface

do  

Lunar crust

45º 90º 180º0º 135º

Do  



Primitive mantle

Anorthositic crust

Lunar surface

Radiogenic liquids

Cumulate mantle

600 km

Primitive mantle

equivalent

Anorthositic crust

Lunar surface (1 ppm Th)

Cumulate mantle

600 km

Radiogenic KREEP layer

Moon 4.4 by ago Moon today

10.9 mW/m2

20.1 mW/m2

7.3 mW/m2

12.0 mW/m2

Conductive cooling

Radioactive decay

Radioactive decay
(Unseen at crust)

Upper crust 
radioactive decay

Radioactive decay

Lithosphere 
cooling

13.4 mW/m2

4.4 mW/m2

280 km
Conductive cooling depth after 4.4 by

45 km

3.5 mW/m2

Radioactive decay
(Unseen at surface)

9.1 mW/m2

All non-mantle 
radioactivity

2 2

Results in bulk U of 0.032 ppm

Figure S16



0 1000 2000 3000 4000 5000
-6000

-4000

-2000

0

2000

4000

6000

Distance (km)

To
po

gr
ap

hy
 (m

)

0 1000 2000 3000 4000 5000
10

20

30

40

50

60

70

80

Distance (km)

Cr
us

ta
l t

hi
ck

ne
ss

 (k
m

)

0 1000 2000 3000 4000 5000
-400

-300

-200

-100

0

100

200

300

400

Distance (km)

Fr
ee

 a
ir 

an
om

al
y 

(m
G

al
)

Oceanus
Procellarum

border

Mare
Frigoris
border

Oceanus
Procellarum

border

Mare
Frigoris
border

Figure S17

Standard deviation border = 340 m
Standard deviation whole Moon = 2130 m

Standard deviation border = 3.4 km
Standard deviation whole Moon = 12.4 km

Standard deviation = 40 mGal
Standard deviation whole Moon = 120 mGal

Oceanus
Procellarum

border

Mare
Frigoris
border

A B

C


