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Abstract

This chapter examines the thermal and compositional evolution of the Earth’s core,

from its formation to the present day.

Late-stage planetary accretion involved collisions between comparably-sized objects

which were already differentiated and probably partially molten. The final collisions ex-

perienced by the Earth were sufficiently energetic to assure formation of one or several

magma oceans, with highly uncertain lifetimes. On impact, the impactor cores were likely

emulsified to ∼cm-sized droplets as they sank through the magma ocean. This emulsifi-

cation permitted equilibration between the iron droplets and the mantle just above the

base of the magma ocean, and overprinted any previously-acquired chemical signatures.

Siderophile element abundances suggest equilibration happened at 500-1000 km depth

and 2000-3000 K; equilibration between core and mantle material is also suggested by

Hf-W isotopes. The Hf-W isotope data also imply that core formation was complete by

≈30-50 Myr after solar system formation, roughly consistent with the accretion timescales

obtained by N-body simulations. Delivery of iron from the base of the magma ocean to the

core was probably rapid, likely involving diapirism, and occurred without further equili-

bration. The rapid descent of core material liberated significant amounts of gravitational

energy, and the resulting initial core temperature was probably at least 5500 K.

Uncertainties remain, notably the behaviour of large impactors as they traverse the

target’s mantle, the time evolution of the core and mantle chemistry (e.g. oxidation state),

and the light-element composition of the core.

The present-day core geodynamo is maintained primarily by compositional convection

as the inner core solidifies. The CMB heat flux is estimated at 10±4 TW and is sufficient

to drive a dynamo dissipating 1-5 TW.

The evolution of the core to its present-day state involved two events of importance:

the initiation of the geodynamo; and the onset of inner core formation. Geodynamo

activity started at 3.5 Gyr B.P. at the latest, and could have been sustained without

an inner core being present. Theoretical estimates suggest that the inner core probably

formed at ∼1 Gyr B.P., unless either significant quantities of potassium were present in

the core, or both the ohmic dissipation (<0.25 TW) and the core-mantle boundary heat

flow (<4 TW) were very low. The Re-Os isotopic system has been used to infer that inner

core solidification started by 3.5 Gyr B.P., but this hypothesis remains controversial.

For a moderately dissipative dynamo, the change in core temperature over 4 Gyr was

probably 200-800 K, implying an early lower mantle that was extensively molten. The

CMB heat flux probably evolved in two stages: an early, high heat flux stage, due to the

melting of the lower mantle, and potentially generating very strong magnetic fields; and

a later, lower heat flux stage.
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Several areas require further study. There is a discrepancy between estimates of the

inner core age based on Re-Os systematics and those based on thermal evolution models.

Neither cosmochemical nor geophysical arguments have so far resolved whether the core

contains significant potassium. The evolution of the CMB heat flux over time is currently

poorly understood, particularly the effect of lower-mantle melting. Finally, future pa-

leomagnetic measurements may help to provide further observational constraints on the

evolution of the geodynamo, and thus the thermal evolution of the core.
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THERMAL AND COMPOSITIONAL EVOLUTION
OF THE CORE

1 INTRODUCTION

The evolution of the Earth’s core is important for three main reasons. Firstly, the forma-

tion of the core was one of the central events in the ancient, but geologically rapid, period

over which the Earth accreted, and generated observational constraints on this poorly-

understood epoch. Secondly, the initial conditions, both thermal and compositional,

established during this period will have largely controlled the subsequent evolution of the

core, and may have also significantly affected the mantle. Finally, the evolution of the

Earth’s core resulted in the generation of a long-lived global magnetic field, which did not

occur for the superficially similar cases of Mars or Venus. The objective of this chapter

is to provide a description of our current understanding of the formation of the core, and

its subsequent evolution to the present day.

The first section of this chapter will summarize the present-day state of the core, since

it is this state which is the end product of the core’s evolution. The bulk of the chapter

will then examine two questions: how did the core form?; and how did it subsequently

evolve? The first question focuses on the early history of the core. Although this volume

concentrates on physics, much of the evidence for core formation requires a discussion of

chemical and isotopic signatures. Happily, there appears to be broad agreement between

the chemical constraints and physical models, as discussed below. The second question

examines how the core evolved from its initial thermal and compositional state. Here

the emphasis is more on the physics, as compositional constraints on the core’s long-term

evolution are rare and often controversial.

Much of the discussion of the core’s energy and entropy budgets is derived from a more

thorough treatment in Nimmo**. Other aspects of the core’s behaviour are described

in chapters in this Treatise by Masters**, Jones**, Loper**, Roberts**, Christensen and

Wicht**, Glatzmaier and Coe** and Buffett**. The companion Treatise on Geochemistry

contains useful articles on planetary accretion (Chambers 2003) and various aspects of

core composition (Righter and Drake 2003, Li and Fei 2003, McDonough 2003).

2 PRESENT-DAY STATE OF THE CORE

Prior to investigating the earliest history and evolution of the core, it is important to

briefly describe its present-day features. More detail can be found in the chapters referred

to above; here I will focus on those parameters which are most important when considering
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the thermal and compositional evolution of the core. In particular, the uncertainties

associated with these parameters will be assessed; doing so is important when assessing

the likely range of thermal evolution outcomes (Section 4.1). The values and uncertainties

adopted (Table 1) are discussed below and in more detail in Nimmo**; they are based

on those used in previous investigations by Buffett et al. (1996), Roberts et al. (2003),

Labrosse (2003) and Nimmo et al. (2004).

2.1 Density and Pressure

The radially-averaged density structure of the core may be derived directly from seismo-

logical observations (see Masters**). The density of the core increases monotonically with

depth, due to the increasing pressure. However, there is also a sharp density discontinuity

at the inner-core boundary (ICB), which arises because of two effects. Firstly, solid core

material is inherently denser than liquid core material at the same pressure and tem-

perature (P, T ) conditions. Secondly, the outer core contains more of one or more light

elements than the inner core (e.g. Poirier 1994, McDonough 2003), and would therefore

be less dense even if there were no phase change. This compositional density contrast

∆ρc has a dominant role in driving compositional convection in the core; unfortunately,

its magnitude is uncertain by a factor ≈2.

The total density contrast across the ICB is somewhat uncertain. A recent normal

mode study (Masters and Gubbins 2003) gives a total density contrast of 640-1000 kg m−3,

or 5.3-8.3%, which agrees rather well with the result of 600-900 kg m−3 obtained using

body waves (Cao and Romanowicz 2004), but is somewhat higher than the value obtained

by Koper and Dombrovskaya (2005). The density contrast between pure solid and liquid

Fe at the ICB is estimated at 1.8% (Alfe et al. 1999). These results imply a compositional

density contrast of 3.5-6.5%, or ∆ρc = 400 − 800 kg m−3, and may in turn be used to

estimate the difference in light element(s) concentrations between inner and outer core

(see Section 3.1).

For the theoretical models described later (Section 4) it is important to have a simple

description of the density variation within the Earth. One such description is given by

Labrosse et al. (2001), where the varation of density ρ with radial distance r from the

centre of the Earth is given by

ρ(r) = ρcen exp(−r2/L2) (1)

where ρcen is the density at the centre of the Earth and L is a lengthscale given by

L =

√√√√3K0(ln
ρcen

ρ0
+ 1)

2πGρ0ρcen

(2)
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Here K0 and ρ0 are the compressibility and density at zero pressure, respectively, and

G is the universal gravitational constant. Although this expression neglects the density

jump at the ICB, the error introduced is negligble compared to other uncertainties.

The corresponding pressure is given by

P (r) = Pc +
4πGρ2

cen

3

[(
3r2

10
− L2

5

)
exp(−r2/L2)

]R

r

(3)

where Pc is the pressure at the core-mantle boundary (CMB).

2.2 Thermodynamic Properties

From the point of view of the thermal evolution of the core, the most important parameters

are those which determine the temperature structure and heat flux within the core, in

particular the thermal conductivity k and expansivity α (see Section 2.4).

The thermal conductivity of iron at core conditions is obtained by using shock-wave

experiments and converting the measured electrical conductivity to thermal conductivity

using the Wiedemann-Franz relationship (Stacey and Anderson 2001). The canonical

value for k at the CMB of 46 W m−1 K−1 (Stacey and Anderson 2001) was based on

shock measurements by Matassov (1977). More recent shock experiments by Bi et al.

(2002) suggest a conductivity closer to 30 W m−1 K−1. Here I will assume a value of

40± 20 W m−1 K−1 as spanning the likely uncertainties.

The thermal expansivity within the core may be obtained from seismology if the

Gruneisen parameter is known (e.g. Anderson 1998, Alfe et al. 2002b). Results suggest

that α increases by a factor of 1.5-2 from the centre of the Earth to the CMB (Labrosse

2003, Roberts et al. 2003), but little accuracy is sacrificed if a constant mean value is

adopted. Following these latter two authors I will adopt a range 0.8 − 1.9 × 10−5 K−1.

Table 1 enumerates the key parameters, with their uncertainties.
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Table 1: Parameter values adopted (eq. is the equation or Section in which each parameter is

defined). Models 1 and 3 are end-member cases using parameter values designed to generate

ancient and recent inner cores, respectively; model 2 is a best guess at the real parameter values.

Variables below the horizontal line have values derived from the initial parameter choices (k,

α,∆ρc, ∆Tc). Other parameters not specified here are assumed constant in all three models and

are generally the same as those adopted in Nimmo**. In particular, Tc=4000 K, latent heat

LH=750 kJ/kg, Cp=840 J/kg K, ρcen=12,500kg m−3.

model model

1 2 3 units eq. 1 2 3 units eq.

k 20 40 60 W/m K 2.2 ∆ρc 600 400 200 kg m−3 2.1

∆Tc 150 100 50 K (7) α 0.8 1.35 1.9 ×10−5 K−1 (5)

D 7754 5969 5031 km (5) Tcen 4893 5619 6454 K (4)

Ti 4773 5389 6085 K 2.4 To 5076 5760 6535 K 2.4

Tm0 1460 1322 1165 K (6) dTm/dP 10.1 12.4 15.0 K/GPa (6)

Qk 1.4 4.8 10.0 TW (15) Q̃T 2.9 3.2 3.8 ×1027 J (11)

2.3 Composition

The composition of the core is important because it potentially provides constraints

on its origin and mode of formation. Unfortunately, as will be seen below, the con-

straints provided are currently rather weak, as few elements have well-known core abun-

dances. Nonetheless, the tendency of certain elements to partition strongly into the core

(siderophiles) leaves a signature in the mantle which can be used to investigate the con-

ditions under which the core formed.

2.3.1 Light elements

It is clear from seismology and experiments that the outer core is 6-10% less dense than

pure liquid iron would be under the estimated P, T conditions (e.g. Alfe et al. 2002a).

While the core almost certainly contains a few weight percent nickel (e.g. McDonough

2003), this metal has an almost identical density to iron and is thus not the source of

the density deficit (e.g. Li and Fei 2003). The inner core also appears to be less dense

than a pure iron composition would suggest (Jephcoat and Olson 1987), though here the

difference is smaller. Both the outer and inner core must therefore contain some fraction

of light elements, of which the most common suspects are sulphur, silicon, oxygen, carbon

and hydrogen (see Poirier 1994, Hillgren et al. 2000, Li and Fei 2003 for reviews). For any
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particular element, or mixture of them, the inferred density deficit may be used to infer

the molar fraction of the light elment(s) present. Because the density deficit is larger in

the outer core, it is thought that light elements are being expelled during crystallization of

the inner core. This expulsion is of great importance, because it generates compositional

convection which helps to drive the geodynamo (see Section 4.1.2).

Apart from their role in driving the dynamo, these light elements are important for

two other reasons. Firstly, they probably reduce the melting temperature of the core by

several hundred degrees kelvin (see Section 2.4). Secondly, if the actual light elements

in the core could be reliably identified, they would provide a strong constraint on the

conditions under which the core formed (see Section 3.2.4).

Table 2 gives several examples of model core compositions. All these models are de-

rived by comparing estimates of the bulk silicate Earth elemental abundances (inferred

from upper mantle nodules and crustal samples), with estimates of the initial solar nebu-

lar composition (based mainly on chondritic meteorite samples). Although there is some

agreement on the abundances of Fe,Ni and Co, the relative abundances of the light ele-

ments (Si,S,O,C) vary widely. The abundance of H in the core cannot be modelled in this

way because of its extreme volatility; in practice it will be determined by the presence of H

in the Earth’s mantle prior to and during differentiation (see e.g. Abe et al. 2000). These

cosmochemical models do not take into account the ease with which different elements

partition into iron under the relevant conditions. In general, H,C and S partition read-

ily into iron, O requires high temperatures and Si only partitions in extremely reducing

circumstances (Li and Fei 2003).

Table 2: Model core compositions. MA=Morgan

and Anders 1980; WD=Wanke and Dreibus 1988;

A+=Allegre et al. 1995a; McD-1 and McD-2 re-

fer to two different models given in McDonough

(2003).

MA WD A+ McD-1 McD-2

Fe wt% 84.5 80.3 79.4 85.5 88.3

Ni 5.6 5.5 4.9 5.2 5.4

Si - 14.0 7.4 6.0 -

S 9.0 - 2.3 1.9 1.9

O - - 4.1 - 3.0

C - - - 0.2 0.2

Co 0.26 0.27 0.25 - -
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For completeness, I note that some other gases, such as nitrogen (Adler and Williams

2005) and xenon (Lee and Steinle-Neumann 2006), may also partition into the core.

However, other studies have found negligible partitioning (Matsuda et al. 1993, Ostanin

et al. 2006). More to the point, since neither the initial abundance of such gases, nor their

current concentrations in the core, are currently known, they do not in general provide

any constraints on core evolution.

2.3.2 Radioactive isotopes

Although the bulk of the core consists of Fe, Ni and a few weight percent light elements,

some trace elements are also of importance. Firstly, the radioactive isotopes of K, Th

and U can potentially have a significant effect on both the age of the inner core and the

maintenance of the dynamo (e.g. Labrosse et al. 2001, Buffett 2002, Nimmo et al. 2004).

Unfortunately, there is as yet little agreement on whether or not such elements are really

present in the core. Longer discussions on this issue may be found in McDonough (2003)

and Roberts et al. (2003); only a brief summary is given here, while the role of radioactive

elements in core evolution is discussed in Section 4.1.

There is little evidence, either from cosmochemistry or partitioning experiments, to

expect either U or Th to partition into the core. On the other hand, the Earth’s mantle

is clearly depleted in K relative to chondrites (e.g. Lassiter 2004). However, since K is a

volatile element, it is unclear whether this depletion is due to sequestration of K in the

core, or simple loss of K from the Earth as a whole early in its history. Experimental

investigations (Gessmann and Wood 2002, Lee et al. 2002, Murthy et al. 2003) show that

partitioning of K into core materials is possible, but also depends in a complex fashion

on other factors such as the amount of sulphur present. The removal of K to the core

would also likely involve the removal of other elements with similar affinities for iron, but

it is not yet clear what constraints the observed abundances of these other elements place

on the amount of K in the core. It currently appears that up to a few hundred ppm K

in the core is permitted, but not required, by both the experiments and the geochemical

observations. The detection of antineutrinos produced by radioactive decay in the Earth’s

interior (Araki et al. 2005) may help to ultimately resolve this question.

A second set of potentially very important isotopes are those of rhenium, because they

may constrain the onset of inner core formation (e.g. Walker et al. 1995). The arguments

for and against this somewhat controversial hypothesis are discussed in Section 4.2.1.

The reason the arguments are important is that the onset of inner core formation is

currently very poorly constrained by theoretical models (Section 4.1.5); thus, the addition

of an observational constraint would significantly improve our understanding of the core’s

evolution.
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A final important isotopic system is 182Hf-182W. This system permits the age of core

formation to be deduced (e.g. Harper and Jacobsen 1996) and is discussed in some detail

in Section 3.2.2 below. Other isotopic systems can potentially be used in similar ways

(see Allegre et al. 1995b). However, the Pd-Ag system is experimentally very challenging

(Carlson and Hauri 2001), and the U-Pb system suffers from the potential loss of lead

due to its high volatility (e.g. Halliday 2004).

2.4 Temperature structure

Both the temperature structure within the core, and the shape of the melting curve, play

an important role in determining the thermal evolution of the core. As long as the core

is convecting, its mean temperature profile will be that of an adiabat, except at the very

thin top and bottom boundary layers. Since the temperature at the ICB must equal the

melting temperature of the core at that pressure (Figure 1), the temperature elsewhere in

the core may be extrapolated from the ICB conditions by using the appropriate adiabat.

Thus, determining the melting behaviour of core material is crucial to establishing the

temperature structure of the core.

Figure 1: Definition sketch for temperature structure within the core. Note that in reality

neither temperature profile is linear.

The adiabatic temperature T within the core is given by (Labrosse et al. 2001)

T (r) = Tcen exp(−r2/D2) (4)

where Tcen is the temperature at the centre of the Earth and D is a lengthscale given by

D =
√

3Cp/2παρcenG. (5)

Here Cp is the specific heat capacity and α the thermal expansivity (Section 2.2).
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The melting behaviour of pure iron is difficult to establish: experiments at the P, T

conditions required (e.g. Brown and McQueen 1986, Yoo et al. 1993, Boehler 1993)

are challenging, and computational (first principles) methods (e.g. Laio et al. 2000,

Belonoshko et al. 2000, Alfe et al. 2002b) are time-consuming and hard to verify. Fur-

thermore, the presence of the light element(s) likely reduces the melting temperature

from that of pure iron, but by an uncertain amount. These issues are discussed in detail

elsewhere in this volume (Masters**, Nimmo**), and only a summary is provided here.

Based on first principles calculations, Alfe et al. (2003) predict a temperature at the

ICB Ti of 5650 ± 600 K, taking into account the reduction in temperature due to the

light element(s). The gradient in melting temperature is roughly 8.5 K/GPa at the ICB.

These results are broadly consistent with the low-pressure diamond anvil cell results of

Shen et al. (1998) and Ma et al. (2004), though not those of Boehler (1993). Similarly,

the results agree with the higher pressure shock-wave results of Brown and McQueen

(1986) and Nguyen and Holmes (2004), though not those of Yoo et al. (1993). The

numerical results of Belonoshko et al. (2000) and Laio et al. (2000) also give similar

answers once corrections due to the different molecular dynamics techniques used have

been applied. Further discussions of the differing results and the reliability of different

theoretical approaches may be found in Alfe et al. (2004) and Bukowinski and Akber-

Knutson (2005).

Given the ICB temperature and the relevant thermodynamic quantities, the temper-

ature at the core side of the CMB, Tc, may be deduced and is approximately 4000 K.

This value is actually of only secondary importance as far as the thermal evolution of the

core is concerned; of much greater interest are the relative slopes of the adiabat and the

melting curve (see below).

Although more complicated approaches may be adopted (e.g. Buffett et al. 1996,

Labrosse et al. 2001, Roberts et al. 2003), a reasonable approximation is that the core

melting temperature is simply a linear function of pressure. Thus, the core melting

temperature Tm may be written as

Tm(P ) = Tm0 +
dTm

dP
P (6)

where dTm/dP and Tm0 are constants and Tm0 incorporates the reduction in melting

temperature due to the light element(s).

When considering the growth history of the inner core, the crucial parameter is the

difference in gradients between the melting curve and the adiabat. One way of expressing

this quantity is to define ∆Tc, the change in the CMB temperature since the onset of

inner core solidification. As shown in Fig. 1, ∆Tc may be defined as follows

∆Tc =
∆P

fad

(
dTm

dP
− dT

dP

)
= 22 K

(
dTm

dP
− dT

dP

1 K/GPa

)
(7)

13



where ∆P is the pressure difference between the present ICB and the centre of the Earth, T

and Tm are the adiabatic and melting temperatures, respectively, fad is a factor converting

the temperature at the CMB to that at the ICB and the curves are assumed linear over

the relevant pressure range. The numerical values are obtained from model 2 in Table 1.

Because the adiabatic and melting gradients are both uncertain and of similar sizes, the

uncertainty in ∆Tc tends to be amplified. Values for ∆Tc from four recent studies (Buffett

et al. 1996, Roberts et al. 2003, Labrosse 2003 and Nimmo et al. 2004) range from 31-

146 K, with smaller values implying younger inner cores (see Nimmo**). Here I will

assume a range of 50-150 K as representative of the likely uncertainties. By choosing

values for Tc, ∆Tc and the adiabatic gradient, the ICB temperature Ti and dTm/dP are

then specified (see Table 1). Note that the melting gradients obtained exceed the value

given by Alfe et al. (2003); a reduction in this gradient would result in a smaller ∆Tc

(equation 7) and thus a younger inner core. Hence, the range of values for ∆Tc chosen

here is conservative.

2.5 The CMB region

The core-mantle boundary region is relevant to core evolution for two reasons. Firstly, it

is the behaviour of this region, and in particular its temperature structure, which controls

the rate at which heat is extracted from the core. As a consequence, the thermal evolution

of the core is intimately tied to that of the mantle. This inter-dependence between the core

and mantle is one of the reasons that theoretical investigations of core thermal evolution

are subject to such large uncertainties.

Secondly, the CMB region is interesting from a compositional point of view, since it is

the point at which regions with wildly differing chemistries (e.g. oxygen fugacities) meet.

The extent to which the resulting reactions have influenced the behaviour of the deepest

mantle (or the outermost core) is unclear. However, because these reactions provide

indications of core evolution, the question of whether core or CMB material can plausibly

be entrained to the surface is of considerable interest (Section 4.2.2).

Whether or not a dynamo can be sustained ultimately depends on the CMB heat flow,

that is the rate at which heat is extracted from the core (Section 4.1.2). The CMB heat

flow, in turn, is determined by the ability of the mantle to remove heat. Importantly,

independent estimates on this cooling rate exist, based on our understanding of mantle

behaviour.

One approach to estimating the heat flow across the base of the mantle relies on

the conduction of heat across the bottom boundary layer. As discussed in Section 2.4,

the temperature at the bottom of this layer (the core) arises from extrapolating the

temperature at the ICB outwards along an adiabat, and is about 4000 K. The temperature
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at the top of the layer is obtained from extrapolating the mantle potential temperature

inwards along an adiabat, and is about 2700 K (Boehler 2000). Williams (1998) concluded

that the likely temperature contrast across the CMB is 1000-2000 K. The thickness of the

bottom boundary layer, based on seismological observations, is 100-200 km. For likely

lower mantle thermal conductivities, the resulting conductive heat flow is probably in the

range 9 ± 3 TW (Buffett 2003). Unfortunately, as discussed below, the CMB region is

complicated enough that this simple estimate may not be robust.

A second method of estimating CMB heat flow is to add up the near-surface contri-

butions from inferred convective plumes (Davies 1988, Sleep 1990). These early estimates

gave heat flows a factor of 2-4 smaller than the simple conductive argument. However, it

is now becoming clear that these estimates are probably too low, both because the tem-

perature contrast between plumes and the background mantle varies with depth (Bunge

2005, Zhong 2006, Mittelstaedt and Tackley 2006) and because not all plumes may reach

the surface (Labrosse 2002). Two recent theoretical studies of convection including, re-

spectively, compositional layering and the post-perovskite phase transition result in CMB

heat flows of ∼13 TW (Zhong 2006) and 7-17 TW (Hernlund et al. 2005). These results

are roughly consistent with the simple conductive heat flow estimate, and suggest that

a range of 10 ± 4 TW is likely to encompass the real present-day CMB heat flow. This

range of heat flows suggests a current core cooling rate dTc/dt of 65-150 K/Gyr, using the

parameters for model 2.

The compositional nature of the CMB region may also have an effect on the evolution

of the core. The CMB region may be at least partially molten, an inference supported

by the presence of a (laterally discontinuous) ultra-low velocity zone (e.g. Garnero et al.

1998). The presence of such a melt layer, which is probably denser than the surrounding

solid material (Knittle 1998, Akins et al. 2004), is likely to affect heat transfer from the

core to the mantle. Such a layer is also likely to have been more extensive in the past,

when core temperatures were higher (see Sections 3.1.4 and 4.1.6). Another possibility

is the presence of high-density, compositionally distinct material, probably subducted

oceanic crust. Again, this material, especially if enriched in radioactive materials (Buffett

2002), is likely to have affected long-term core evolution (Nakagawa and Tackley 2004a).

Finally, the CMB region may include a phase transition to a post-perovskite structure

(e.g. Murakami et al. 2004), which will also affect the CMB heat flux (Nakagawa and

Tackley 2004b, Hernlund et al. 2005). The manner in which the CMB may have evolved

with time in response to the evolution of the core is discussed further in Section 4.2.2.
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2.6 Dynamo behaviour over time

One might expect that the behaviour of the Earth’s magnetic field over time would provide

information on the evolution of the dynamo and core. However, despite much work on

this subject (see reviews by Jacobs 1998 and Valet 2003), the information is limited to the

following: 1) a reversing, predominantly dipolar field has existed, at least intermittently,

for at least the last 3.5 Gyr; 2) the amplitude of the field does not appear to have changed

in a systematic fashion over time.

There are several reasons why there are so few constraints. First, the magnetic field

that we can measure at the surface is different in both frequency content and amplitude

from the field within the core. In particular, Ohmic heating is dominated by small-

scale magnetic fields which are not observable at the surface (see below). Second, the

number of observations on paleomagnetic fields decline dramatically prior to ≈150 Myr

B.P. because of the almost complete absence of unsubducted oceanic crust. Third, there

is little theoretical understanding of how changes in core behaviour relate to changes in

the observed magnetic field.

The first two problems are unlikely to be resolved in the forseeable future. However,

there has been some progress with the third, thanks to increasingly realistic simulations

of the geodynamo (see reviews by Busse 2000, Glatzmaier 2002, Kono and Roberts 2002

and Christensen and Wicht**). In particular, a study by Roberts and Glatzmaier (2001)

found that increasing the inner core size tended to result in a less axisymmetric field and

(surprisingly) greater time-variability. Thus, at least in theory, observed changes in the

time-variability of the magnetic field with time could be used to place constraints on the

evolution of the Earth’s core. An observed variation in the amplitude with time (e.g.

Labrosse and Macouin 2003), however, is less likely to be useful: Roberts and Glatzmaier

(2001) found that models with inner cores 0.25 and 2 times the radii of the current inner

core both produced similar mean field amplitudes, and a similar result was found by

Bloxham (2000). Furthermore, it is not clear that changes in global variables, such as

core cooling rate or inner core size, will have a larger effect on the field behaviour than

local factors such as the heat flux boundary condition (e.g. Christensen and Olson 2003).

In spite of the difficulties in extracting detailed information on core evolution from the

paleomagnetic record, an important result is that the geodynamo appears to have per-

sisted, without long-term interruptions, for at least 3.5 Gyr (McElhinny and Senanayake

1980). The pattern of magnetic reversals for the Proterozoic is well-known, but not well

understood. For instance, although reversals occur roughly every 0.25 Myrs on average

(Lowrie and Kent 2004), there were no reversals at all in the period 125-85 Ma, for reasons

which are obscure but may well have to do with the behaviour of the mantle over that

interval (e.g. Glatzmaier et al. 1999). The earliest documented apparent paleomagnetic

16



reversal is at 3.2 Gyr B.P. (Layer et al. 1996). Although the amplitude of the field has

varied with time (Selkin and Tauxe 2000, Prevot et al. 1990), the maximum field intensity

appears never to have exceeded the present day value by more than a factor of five (Valet

2003, Dunlop and Yu 2004).

In summary, the fact that a reversing dynamo has apparently persisted for >3.5 Gyr

can be used to constrain the evolution of the core over time (see Section 4.1 below).

Unfortunately, other observations which might potentially provide additional constraints,

such as the evolution of the field intensity, are either poorly sampled or difficult to relate

to the global energy budget, or both.

2.6.1 Ohmic dissipation

As discussed below, the power dissipated in the core by Ohmic heating is a critical param-

eter to determining whether a dynamo can operate: a more dissipative dynamo requires

more rapid core cooling and a higher CMB heat flux. Unfortunately, this heating rate is

currently very poorly constrained. The heating is likely to occur at length-scales which

are sufficiently small that they can neither be observed at the surface, nor resolved in nu-

merical models (Roberts et al. 2003). Moreover the toroidal field, which is undetectable

at the surface, may dominate the heating.

The Ohmic dissipation QΦ may be converted to an entropy production rate EΦ using

EΦ = QΦ/TD (Roberts et al. 2003), where the characteristic temperature TD is unknown

but intermediate between Ti and Tc and is here assumed to be 5000 K. The entropy

production rate is simply a convenient way of assessing the potential for generating a

dynamo, and is discussed in more detail in Section 4.1.2 and Nimmo**. One approach

to estimating the required rate is to extrapolate from numerical dynamo simulations.

Roberts et al. (2003) used the results of the Glatzmaier and Roberts (1996) simulation to

infer that 1-2 TW are required to power the dynamo, equivalent to an entropy production

rate of 200-400 MW/K. The dynamo model of Kuang and Bloxham (1997) gives an

entropy production rate of 40 MW/K. Christensen and Tilgner (2004) gave a range of

0.2-0.5 TW, based on numerical and laboratory experiments, equivalent to 40-200 MW/K,

and Buffett (2002) suggested 0.1-0.5 TW, equivalent to 20-100 MW/K. Labrosse (2003)

argues for a range 350-700 MW/K, and Gubbins et al. (2004a) favour 500-800 MW/K.

We shall regard the required Ohmic dissipation rate as currently unknown, but think it

likely that entropy production rates in excess of 50 MW/K are sufficient to guarantee a

geodynamo.
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2.7 Summary

The present-day temperature structure and composition of the core establish boundary

conditions which constrain both the core’s initial mode of formation, and subsequent

evolution. In particular, the size of the inner core and the persistence of the geodynamo

for at least 3.5 Gyr place constraints on the CMB heat flux. Light elements in the Earth’s

core not only help to power the dynamo, but also constrain the conditions under which

the Earth formed. Radio-isotopes are a potential additional source of power, and also

provide the ability to date core formation and (potentially) constrain the age of the inner

core.

The next section will examine what the conditions were likely to have been during the

formation of the core. The final part of this chapter will examine how the core evolved

from these initial conditions to its inferred present-day state.

3 HOW DID THE CORE FORM?

”Core formation” implies a single event, while in reality (as discussed below) the core

of the Earth probably formed through a whole series of events, over an extended time-

period. Strictly speaking, the Earth’s core is probably still forming (through the addition

of meteoritic material). This section, therefore, will consider the period up to which

the core reached roughly 99% of its present-day mass. I will first give a general outline

of the physical processes likely to be relevant to core formation, including the various

uncertainties that arise. The second part of this section will focus on the observations,

mainly compositional in nature, which place constraints on the processes operating and

the state of the core during its formation. Finally, a summary of the likely end-state of

the core at the end of this period will be provided, since it is this end-state which forms

the initial conditions for the longer-term evolution of the core, considered below.

3.1 Physics of Core Formation

The Earth is the end-product of multiple collisions between smaller proto-planets. This

process of accretion results in increased temperatures and, ultimately, melting. As dis-

cussed below, differentiation is unavoidable once melting begins; thus, the accretion pro-

cess is intimately connected to the manner in which the Earth, and its precursor bodies,

underwent differentiation and core formation. In this section, our theoretical understand-

ing of the accretion process and its consequences for core formation are discussed; in

Section 3.2, the observational constraints on these processes are enumerated.

Excellent discussions of the processes enumerated here may be found in Stevenson
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(1989, 1990), Rubie et al. (2003) and Walter and Tronnes (2004). The collection of

papers edited by Canup and Righter (2000) is also highly recommended.

3.1.1 Accretion

The basic physics of planetary accretion are now reasonably well understood, although

many details remain obscure (see Wetherill 1990 and Chambers 2003 for useful reviews).

Growth of km-sized objects from the initial dusty, gaseous nebula must have been a rapid

process (O(103 yrs)), since otherwise the dust grains would have been lost due to gas

drag. At sizes >1 km, mutual gravitational interactions become important. Furthermore,

because the largest bodies experience the greatest gravitational focusing, they tend to

grow at the expense of smaller surrounding objects. This “runaway growth” phase, if

uninterrupted, can potentially result in the development of tens to hundreds of Mars- to

Moon-sized embryos in ∼ 105 years around 1 AU (Wetherill and Stewart 1993). However,

runaway growth slows down as the initial swarm of small bodies becomes exhausted and

the velocity dispersion of the remainder increases (Kokubo and Ida 1998). Thus, the

development of Moon- to Mars-sized embryos probably took ∼ 106 years at 1 AU (Wei-

denschilling et al. 1997), and involved collisions both between comparably-sized embryos,

and between embryos and smaller, left-over planetesimals. Based on astronomical obser-

vations of dust disks (Haisch et al. 2001), the dissipation of any remaining nebular gas

also takes place after a few Myr; the dissipation timescale of gas has implications both

for the orbital evolution of the bodies (e.g. Kominami et al. 2005), their volatile inven-

tories (e.g. Porcelli et al. 2001), and their surface temperatures (e.g. Abe 1997), and is

currently a critical unknown parameter. Noble gas isotopes, in particular those of xenon,

have been used to argue for a primordial, thick terrestrial atmosphere (e.g. Porcelli et al.

2001, Halliday 2003), but this interpretation remains controversial.

The subsequent growth of Earth-mass bodies from these Mars-mass embyros is slow,

because the embryos grow only when mutual gravitational perturbations lead to crossing

orbits. Numerical simulations show that Earth-mass bodies take 10-100 Myr to develop

(e.g. Chambers and Wetherill 1998, Agnor et al. 1999, Morbidelli et al. 2000, Raymond

et al. 2004), and do so through a relatively small number of collisions between objects

of roughly comparable sizes. A recent result of great importance is that geochemical ob-

servations, notably the hafnium-tungsten system, have been used to verify the timescales

obtained through computer simulations (see Section 3.2.2).

It should be noted that an important implicit assumption of most late-stage accretion

models is that collisions result in mergers. In fact, this assumption is unlikely to be correct

(Agnor and Asphaug 2004, Asphaug et al. 2006) and many collisions may involve little

net transfer of material, though both transient heating and transfer of angular momentum

19



will occur. The consequences of bouncing collisions of this kind for the evolution of Earth-

mass bodies have yet to be explored in any detail.

Figure 2a shows a schematic example (obtained by splicing together two different

accretion simulations) of how a roughly Earth-mass (1 Me) body might grow. Here the

initial mass distribution consists of 11 lunar-mass embryos (≈0.01 Me) and 900 smaller

(≈0.001 Me) non-interacting planetesimals centred around 1 AU. The solid line shows

the increase in mass, and the crosses show the impactor:target mass ratio γ (both in

log units). The early stage of growth is characterized by steady collision with small

planetesimals, and occasional collisions with other, comparably sized embryos (e.g. at

0.068 Myr and 1.9 Myr). Because the planetesimals do not grow, the impactor:target

mass ratio γ of colliding planetesimals declines with time; embryo-embryo collisions show

up clearly, having γ ≈ 1. At 2 Myr, the growing object has a mass of 0.2 Me and roughly

half of this mass has been delivered by large impacts. The late stage of growth consists

entirely of large impacts, between embryos of comparable masses (γ ≈ 0.5). This final

stage takes place over a more extended timescale - in this case, the last significant collision

occurs at 14 Myr, resulting in a final mass of 0.73 Me.

Figure 2: a) Schematic growth of a proto-Earth, obtained by splicing two accretion sim-

ulations together. Early growth is from Agnor (unpublished) where the initial mass

distribution consists of 11 embryos (≈0.01 Me) and 900 non-interacting planetesimals

(≈0.001 Me) centred around 1 AU. Late growth is from particle 12 in run 3 of Agnor

et al. (1999). The vertical dashed line denotes the splicing time. The solid line shows

the mass evolution of the body, and the crosses denote the target:impactor mass ratio γ.

Circles denote embryo-embryo collisions; squares late-stage giant impacts. The general

reduction in γ prior to 2 Myr is a result of the fact that the planetesimals cannot merge

with each other, but only with embryos. b) Corresponding energy production (J kg−1).

The cumulative energy due to impacts (crosses) is calculated using equation (8) for each

impact. The solid lines show the cumulative energy associated with the decay of ra-
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dioactive elements 26Al,60Fe and 40K. Half-lives are 0.73 Myr, 1.5 Myr and 1.25 Gyr,

respectively; initial bulk concentrations are 5 × 10−7, 2 × 10−7 and 4.5 × 10−7, respec-

tively (Ghosh and McSween 1998, Tachibana et al. 2006, Turcotte and Schubert 2002).

One of the most important outstanding questions regarding this late-stage accretion

is the amount of water delivered to the Earth. The presence of large quantities of water

in the early mantle would have profound implications for the oxidation state and com-

position of the core (see Williams and Hemley 2001); furthermore, a by-product would

be a thick steam atmosphere, which would be sufficiently insulating to ensure a magma

ocean (Matsui and Abe 1986). Although the Earth formed inside the ”snow line”, where

water ice becomes unstable, some of its constituent planetesimals may have been derived

from greater heliocentric distances and thus contained more water. Simulations ( Mor-

bidelli et al. 2000, Raymond et al. 2004) suggest that a water-rich Earth is quite likely,

but the stochastic nature of the outcomes precludes a firm conclusion. Radial mixing of

planetesimals is clearly not completely efficient because of the differing oxygen isotope

characteristics of Earth and Mars (e.g. Clayton and Mayeda 1996).

3.1.2 Differentiation Mechanisms

A crucial question is at what point in this kind of history differentiation actually occurs.

The physics of differentiation are well described in papers by Stevenson (1990) and Rush-

mer et al. (2000) and only a brief summary is given here. Differentiation occurs because

of the large density contrast between silicates and metals, but the rate at which it occurs

depends on the length-scales and phases involved. Differentiation in a completely solid

system is very slow. Since iron (plus alloying elements) generally has a lower melting tem-

perature than silicates, liquid iron can coexist with solid silicates. In this case, the usual

assumption is that differentiation will occur by percolation of the iron through the silicate

matrix. The percolation rate depends mainly on the melt fraction and the dihedral angle

between melt and solid. The latter is poorly known, but probably depth-dependent, so

it is possible that rapid percolation occurred in the lower mantle but not in the upper

mantle (Shannon and Agee 1998), unless the melt fraction exceeded some critical value

(Yoshino et al. 2003). The rate of percolation also increases markedly if shear strains

are applied (Bruhn et al. 2000). If percolation is not an effective mechanism, then dif-

ferentiation may occur either by downwards migration of large iron blobs (diapirism) or

by propagation of iron-filled fractures (diking). Which of these two mechanisms occurs

depends on whether the silicates deform in a brittle or ductile fashion. In a completely

liquid system, differentiation occurs by the settling of iron drops at a rate controlled by

their size and density contrast and the viscosity of the fluids involved. Figure 3 illustrates

some of the processes likely to be operating.
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Figure 3: a) Schematic diagram of processes operating during Earth accretion and core

formation. θ is the dihedral angle, which controls the rapidity of melt percolation; if θ <

60◦ then percolation is efficient, while if θ > 60◦ it is slow unless melt fractions are large or

mantle shear is important. The rheological base of the magma ocean is defined as the point

at which the melt fraction drops below≈60% (Solomatov 2000). b) Temperature structure

in the early Earth, adapted from Walter and Tronnes (2004). The solidus curve in the

lower mantle is uncertain (see Boehler 2000), and the 60% melt fraction line is schematic.

The existence of an early, thick atmosphere has little effect on large incoming im-

pactors, but may be sufficiently insulating that, by itself, it ensures a magma ocean (e.g.

Matsui and Abe 1986). The depth to the (rheologically-determined) base of the magma

ocean is determined by the point at which the adiabat crosses the geotherm defining a

melt fraction of roughly 60% (Solomatov 2000). The survival time of the magma ocean

depends on both the atmosphere and whether or not an insulating lid can develop. In the

absence of these two effects, the life-times are very short, of order 103 years (e.g. Solo-

matov 2000, Pritchard and Stevenson 2000). However, if a conductive lid develops, the

lifetime may be much longer, of order 108 years (Spohn and Schubert 1991), and similar

lifetimes can arise due to a thick atmosphere (Abe 1997). Thus the lifetime of magma

oceans is currently very unclear. The Moon evidently developed a chemically buoyant,

insulating crust on top of its magma ocean (Warren 1985). However, it did so because

at low pressures aluminium partitions into low-density phases, especially plagioclase. At

higher pressures, Al instead partitions into dense garnet, in which case a chemically buoy-

ant crust will not develop (e.g. Elkins-Tanton et al. 2003). In the absence of chemical

buoyancy, a solid crust will still develop, but will be vulnerable to disruption by impacts
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or foundering (Stevenson 1989). The latter process in particular is currently very poorly

understood, and thus the lifetime of magma oceans remains an open question. Fortu-

nately, even the short-lived magma oceans persist for timescales long compared to most

other processes of interest.

As discussed below, the consequence of a large impact is likely to be the emulsification

of the descending core (Stevenson 1990, Rubie et al. 2003). Under the assumption that

the ultimate size of the iron droplets is controlled by surface tension, the resulting droplet

size is O(0.1 m) and the settling velocity 0.1-1 m/s (Rubie et al. 2003), resulting in a

transit time across the magma ocean of weeks to months. Owing to the low viscosity of

liquid iron, percolative timescales are also likely to be short, assuming the dihedral angle

is < 60◦.

Despite the rapid transit times associated with falling drops or percolative flow, the

inferred length-scales are small enough that complete chemical equilibration is expected.

Conversely, descending iron diapirs or dikes are sufficiently large that chemical equilibrium

is expected to be negligible. Thus, the different differentiation mechanisms have very

different chemical consequences. However, the magnitude of these chemical effects also

depends on the relative abundances: a late passage of 1% core material through the

mantle may well have a strong effect on mantle siderophile element abundances (e.g. W

or Pt), but will have little effect on major element concentrations (e.g. O) simply because

the core material will become saturated and thus transport insignificant amounts of these

more abundant elements.

3.1.3 Consequences of large impacts

The main conclusion of the above section is that differentiation is only likely in bodies

which are at least partially molten. There are three main sources of energy which may

produce melting. Firstly, short-lived radioactive nuclides (26Al and 60Fe) provide a po-

tential energy source if accretion can happen early enough. Secondly, the kinetic energy

delivered by impacts may be sufficient to generate local or global melting. Finally, as dis-

cussed below, the process of differentiation itself, by reducing the gravitational potential

energy of the body, also releases heat and may lead to runaway differentiation.

Figure 2a shows that the bulk of late-stage Earth accretion involves large impacts

well-separated in time. The energetic consequences of such impacts have been discussed

elsewhere (Melosh 1990, Benz and Cameron 1990, Tonks and Melosh 1993) and strongly

suggest that, even in the absence of a thick primordial atmosphere, the final stages of

Earth’s growth must have involved a global magma ocean. This conclusion has important

implications for the mode of core formation, and may be understood using the following

simple analysis.
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For an impact between a target of mass M and an impactor of mass γM , the kinetic

energy delivered by the impactor per unit mass of the merged object is

∆E =
1

1 + γ

[
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(
4πρ

3

)1/3

GM2/3
(
1 + γ5/3 − (1 + γ)5/3

)
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2
γV 2

∞

]
(8)

Here ρ is the mean density of the merged object, G is the universal gravitational constant,

V∞ is the velocity of the impactor at a large distance from the target, and the factor of

3/5 comes from considering the binding energy of the bodies (assumed uniform) prior to

and after the collision. Neglecting V∞ and taking γ to be small, the global temperature

rise associated with one such impact is given by

∆T ≈ 6000 K
(

γ

0.1

)(
M

Me

)2/3

(9)

where we have assumed ρ = 5000 kg m−3 and a heat capacity of 1 kJ/kg K.

Equation (8) makes several simplifying assumptions. It assumes the energy is de-

posited uniformly, which is unlikely to be correct. More importantly, it assumes that all

the kinetic energy is converted into heat and retained. Such an assumption is unlikely

to be correct for small impacts, where most of the energy is deposited at shallow depths

where it can be re-radiated to space (Stevenson 1989). For larger impacts, however, the

energy will be deposited at greater depths, and thus the only major energy loss mechanism

is the ejection of hot material. The amount and temperature of material ejected depends

strongly on the geometry of the impact, but is in general rather small compared to the

target mass (Canup et al. 2001). Since we are primarily concerned with large impacts

(γ ≥ 0.1), the assumption that the majority of the energy is retained as heat energy is

a reasonable one. Thus, impactors similar in size to that thought to have formed the

Earth’s Moon (Cameron 2000, Canup and Asphaug 2001) probably resulted in the bulk

of the Earth being melted.

Although a Mars-sized (0.1 Me) proto-Earth has a smaller mass, it experiences colli-

sions with bodies comparable in size to itself (γ ≈ 1; see Fig. 2). In this case, equation (8)

shows that the ∆T ≈ 4500 K. Thus, it seems likely that Mars-sized embryos were also

molten and thus differentiated. There is currently little direct evidence for an ancient

Martian magma ocean (see Elkins-Tanton et al. 2003). Blichert-Toft et al. (1999) and

Borg and Draper (2003) have used Lu-Hf systematics and incompatible element abun-

dances, respectively, to argue for such an ocean, while conversely Righter (2003) shows

that the temperatures and pressures inferred from siderophile element abundances do not

require a magma ocean.

In considering the thermal effects of impacts, it may also be useful to consider the

cumulative energy delivered for comparison with other sources of energy. Fig. 2b shows
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the cumulative impact energy in J kg−1. The bulk of the energy is delivered by the few

largest impacts, as expected. For comparison, the radioactive heat production due to

one long-lived (40K) and two short-lived isotopes (26Al and 60Fe) are shown. Long-lived

isotopes have no effect at all on the thermal evolution of the Earth over its first 10 Myr.

The total energy associated with 26Al is roughly one order of magnitude smaller than that

due to the impacts; the rate of energy delivery by these two processes becomes negligible

at roughly the same time. Thus, the thermal evolution of the Earth naturally divides into

two stages: the early stage (up to ∼10 Myr) when heating due to impacts and short-lived

isotopes dominate; and the later stage, when long-lived isotopes and secular cooling are

important.

Based on the above discussion, it seems likely that the final stages of Earth’s accretion

involve large impacts between differentiated objects which are at least partly molten.

Unfortunately, what happens during these impacts is poorly understood. Hydrocode

simulations of impacts (Cameron 2000, Canup and Asphaug 2001) show that the cores of

the target and impactor merge rapidly, within a few free-fall timescales (hours), although

a small fraction (typically less than one percent) of core material may be spun out into

a disk. Unfortunately, the resolution of these simulations is of order 100 km, while the

extent to which chemical re-equilibration occurs depends on lengthscales probably on the

order of centimetres (Stevenson 1990). A crucial question, therefore, is the extent to

which an impacting core become emulsified as it travels through the target’s mantle (see

Stevenson 1990 and Rubie et al. 2003 for good discussions of this issue). Such a core will

experience both shear (Kelvin-Helmholtz) and buoyancy (Rayleigh-Taylor) instabilities.

These instabilities will tend to break the body up into successively smaller bodies, until a

droplet size is reached at which surface tension prevents further break-up. Although the

surface tension at the relevant P, T is not well known, the characteristic size is probably

centimetres. It is likely that emulsification is completed within a transit distance equal

to a few times the initial body’s diameter (Rubie et al. 2003), though this process is very

poorly understood. Thus, the cores of all, except perhaps the largest, impacting bodies

probably experienced a very large degree of emulsification.

The primary importance of emulsification is that it determines the degree to which

chemical (and thermal) re-equilibration occurs. Because thermal diffusivities are higher

than chemical diffusivities, thermal equilibrium is always reached first. For a transit time

of a month, iron blobs smaller than ∼0.1 m will be chemically equilibrated, assuming

a silicate diffusivity of 10−8 m2 s−1 (Rubie et al. 2003). The physical arguments for

emulsification given here are supported by evidence for chemical equilibration from both

siderophile element abundances (Section 3.2.3) and Hf-W observations (Section 3.2.2).

Because chemical equilibration across macro-scale iron bodies is very slow, this inferred
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equilibration strongly suggests that the iron was present as dispersed droplets (Righter

and Drake 2003).

3.1.4 Consequences of differentiation

Although the energies involved in late-stage impacts imply the formation of a magma

ocean, such an ocean may not reach the core-mantle boundary (CMB), simply because

the solidus temperature of mantle material is a strong function of pressure (Fig. 1b). The

mechanical properties of the magma ocean, which control the rate of iron transport across

the ocean, change dramatically when the melt fraction drops below ≈60% (Solomatov

2000). The effective base of the magma ocean occurs at this rheological transition. As

noted above, descending iron droplets will tend to pond at this interface, and then be

transported rapidly across the remainder of the mantle via fractures or (more likely in a

partially molten material) descending diapirs.

Because the diapirs are large and descend rapidly, the last time the iron will have

thermally equilibrated is likely to be at the base of the magma ocean. Because the core

adiabat is shallower than the solidus, one might expect solidification to occur. However,

the gravitational energy released by the diapir descent will result in additional delivery

of heat to the pre-existing core, and thus a core that is hotter than the overlying mantle.

The magnitude of this effect can be large, and may be calculated as follows.

Consider a uniform, thin layer of iron at the base of the magma ocean, overlying a

mantle and core (Fig 4). The top and bottom of the iron layer and the underlying core

are at radii Ro, Rm = (1− ε)Ro and Rc = βRo, respectively, where ε� 1. After removal

of iron to the centre, the core will have grown and the situation will have a lower potential

energy. The difference in potential energy may be calculated and used to infer the mean

temperature change in the final core, assuming that all the potential energy is converted

to core heat (e.g. Solomon 1979). For the specific case of a constant core density twice

that of the mantle, it may be shown that the mean temperature change of the entire

post-impact core is given by

∆T =
πGρcR

2
o

β3Cp(1 + 3εβ−3)

[
1

10
β5
(
(1 + 3εβ−3)5/3 − 1

)
+

1

2
ε− β3ε

]
(10)

Here Cp is the core specific heat capacity and ρc is the core density, and it is assumed that

the core is well-mixed (isothermal). As before, the temperature change is a strong function

of planetary size, specifically the radial distance to the base of the magma ocean Ro. The

temperature change also depends on ε, which controls the mass of iron being delivered to

the core, and the initial core radius Rc when β > 0. The temperature change goes to zero

when β = 1, as expected, while when β = 0 (i.e. no initial core) the temperature change

is essentially independent of the mass of iron delivered.
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Figure 4 plots the expected temperature change as a function of Ro for different values

of β and ε. It is clear that for Earth-sized planets, the addition of iron to the core by

individual impacts can lead to core temperature increases of several hundred to a few

thousand K.

Figure 4: Temperature change due to core diapir descent, from equation (10). Here ε is

given by 1-(Rm/Ro) and β = Rc/Ro, where Ro is the radial position of the base of the

magma ocean.

For example, consider two cases, appropriate to the Moon-forming impact (Canup

and Asphaug 2001): an 0.9 Me planet hit by an 0.1 Me impactor, and an 0.8 Me planet

hit by an 0.2 Me impactor, all bodies having a core of density 104 kg m−3 and radius

half the body radius. For magma oceans of depths 500 km and 1000 km, respectively

(Ro=5900 km and 5400 km), we obtain ε = 0.0054 and 0.0139, and β = 0.52 and 0.55.

The core adiabat is roughly 1 K/km, giving temperature increases of 2400 and 1900 K. The

further increase from gravitational heating (equation 10) is 1250 and 2000 K, respectively.

Thus, the post-impact core temperature is likely to have increased by 3650-3900 K from

the temperature it attained at the base of the magma ocean.

This estimate is only approximate, because of the assumptions made (e.g. no transfer

of heat to the mantle) and the fact that the Earth probably suffered several comparably-

sized impacts. However, the result is important because the initial temperature contrast

between the core and the lowermost mantle determines the initial CMB heat flux, and thus

the ability of the core to generate a dynamo (Section 4.1.2). For instance, the short-lived

dynamo on Mars has been attributed to an initially hot core (Williams and Nimmo 2004).

Furthermore, if the core is initially superheated, early onset of inner core solidification
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becomes more challenging. An initially hot core is also likely to result in melting of the

lowermost mantle (see Section 4.1.7).

3.2 Observational Constraints

Having discussed our theoretical expectations of accretion and core formation processes,

we will now go on to discuss the extent to which observations may be used to differentiate

between the various theoretical possibilities. An excellent summary of many of these

observations may be found in Halliday (2003); many of the chapters in the volume edited

by Canup and Righter (2000) are also very useful.

3.2.1 Small Bodies

Although our knowledge of the interior structures of small astronomical bodies is poor,

it appears that the asteroid Ceres (diameter=913 km) at least is differentiated, based on

measurements of its shape (Thomas et al. 2005). Similarly, the asteroid Vesta (diame-

ter=520 km) is probably also differentiated, based on the howardite, eucrite and diogenite

(HED) families of meteorites thought have originated there (e.g. Ruzicka et al. 1997,

Drake 2001). Such small bodies are very unlikely to have undergone global melting due

to impacts (equation 8); a much more likely explanation is that they accreted while either
26Al (half-life 0.72 Myr) or 60Fe (half-life 1.5 Myr) were alive (e.g. Ghosh and McSween

1998). This hypothesis is supported by the detection of the decay products of 26Al and

other comparably short-lived isotopes in some meteorites (e.g. Srinivasan et al. 1999,

Baker et al. 2005), which also implies that planetesimal growth occurs on timescales as

short as a few Myrs. As before, we conclude that the Moon-to-Mars-sized embryos that

subsequently combined to form the Earth were likely already differentiated. Because, as

described below, little evidence of low P , low T differentiation remains in the Earth today,

this strongly suggests such early differentiation events were overprinted later (Walter and

Tronnes 2004).

3.2.2 Core formation timescales

An extremely important development has been the recognition that some isotopic systems

provide an observational constraint on core formation timescales, and thus planetary

accretion rates. The most useful isotopic system is hafnium-tungsten (Hf-W) (Harper and

Jacobsen 1996, Kleine et al. 2002, Schoenberg et al. 2002, Yin et al. 2002, Halliday 2004,

Jacobsen 2005; note that Hf-W measurements published prior to 2002 were erroneous and

led to different conclusions to later works). The U-Pb system is more problematic, but
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generates results which can be reconciled with the more robust Hf-W technique (Wood

and Halliday 2005).

The Hf-W chronometer works as follows. W is siderophile, while Hf is lithophile (it

stays in silicates). Furthermore, 182Hf decays to stable 182W with a half-life of 9 Myr. If

an initially undifferentiated object suddenly forms a core after all the 182Hf has decayed,

the W will be extracted into the core and the mantle will be strongly depleted in all

tungsten isotopes. However, if core formation occurs early, while 182Hf is live, then the

subsequent decay of 182Hf to 182W will enrich the mantle in radiogenic tungsten compared

with non-radiogenic tungsten. Thus, a radiogenic tungsten excess, or tungsten anomaly,

in the mantle is a sign of early core formation. Furthermore, if the silicate:iron mass ratio

and the mantle concentrations of Hf and W compared with undifferentiated materials

(chondrites) are known, then the observed tungsten anomaly can be used to infer a single-

stage core formation age. In the case of the Earth, this single-stage age is roughly 30 Myr

(Jacobsen 2005), while the Hf-W age of the Moon suggests that the last giant impact

experienced by the Earth occurred at 30-50 Myr (Halliday 2004, Kleine et al. 2005).

There are three characteristics of the Hf-W system which makes it especially suitable

for examining core formation. Firstly, the half-life is comparable to the timescale over

which planets are expected to form. Secondly, there are few other processes likely to

lead to tungsten fractionation and perturbation of the isotopic system, though very early

crustal formation or neutron capture (Kleine et al. 2005) can have effects. Finally, both

Hf and W are refractory; certain other isotopic systems suffer from the fact that one or

more elements (e.g. lead) are volatile and can be easily lost.

The fact that tungsten isotope anomalies exist in the terrestrial mantle imply that core

formation was essentially complete before about five half lives (50 Myr) had elapsed. Mars

and Vesta have larger tungsten anomalies, indicating that core formation ended earlier

on these smaller bodies (Kleine et al. 2002). The timescales implied are compatible

with the theoretical picture of planetary accretion described in Section 3.1.1. The simple

model of a single core-formation event is of course a simplification of the real picture,

in which the bulk of the core mass is added during stochastic giant impacts. However,

more complicated models, in which the mass is added in a series of discrete events, do

not substantially alter the overall timescale derived.

The observed tungsten anomaly depends mainly on the timescale over which the core

forms, the relative affinities of Hf and W for silicates, and the extent to which the cores

of the impactors re-equilibrate with the target mantle. The relative affinities of Hf and W

can be determined, in a time-averaged sense, by measuring the present-day concentrations

of these elements in the mantle. These affinities (i.e. the partition coefficients) may

have varied with time, due to changing conditions (P ,T , oxygen fugacity fO2) in the
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Earth. Although the dependence of the partition coefficients on these conditions is known

(e.g. Righter 2003), how conditions actually evolved as the Earth grew is very poorly

understood (e.g. Halliday 2004). This caveat aside, if one accepts that the accretion

timescales determined by numerical accretion models are correct, these models can then

be used to investigate the extent to which re-equilibration must have occurred.

Figure 5: Isotopic outcomes of core formation based on N-body accretion codes (from

Nimmo and Agnor 2006). Me is the mass of the final bodies in Earth masses, ε182W is the fi-

nal tungsten anomaly. Black squares are the observed values, tabulated in Jacobsen (2005)

(Mars has two values because different meteorite classes give different answers). Coloured

symbols are the model results. Differentiation is assumed to occur when a body first

collides with another object. a) Outcome assuming that the impactor core re-equilibrates

with the mantle of the target (a scenario favoured if emulsification occurs). b) Outcome

assuming that the impactor core merges with the target core without any re-equilibration.

Figure 5 shows examples of the tungsten anomalies generated from numerical models

of late-stage accretion (Nimmo and Agnor 2006). Fig 5b assumes that undifferentiated

bodies undergo differentiation on impact, and that the bodies’ cores then merge with-

out any re-equilibration. In this case, the tungsten anomaly of a body is set by the

mass-weighted average of the anomalies generated when each constituent planetesimal

differentiated. Bodies made up of early-colliding planetesimals tend to be bigger, and

also have higher tungsten anomalies. The tungsten anomalies generated for Earth-mass

bodies are much larger than those actually observed. Fig 5a shows results from the same

accretion simulation, but now assuming that during each impact the core of the impactor

re-equilibrates with the mantle of the target. This re-equilibration drives down the tung-

sten anomaly during each impact, and results in lower tungsten anomalies for large bodies

than for small ones. The measured tungsten anomalies of Earth, Mars and the HED par-

ent body (probably Vesta) are all compatible with this mantle re-equilibration scenario.

Thus, assuming that the accretion timescales generated by the simulations are correct,
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the Hf-W data strongly suggest that even the largest impacts involve the impactor’s core

re-equilibrating with the target’s mantle. This conclusion in turn places constraints on

the physics of these very large impacts (Section 3.1.3), and in particular suggests that

emulsification of the impacting core occurs as it travels through the magma ocean.

Although Fig. 5 only models the late stages of accretion, this stage is when the ma-

jority of the Earth’s mass is added. If re-equilibration occurs, earlier isotopic signatures

will be overprinted. However, if core merging takes place, the overall signature will be set

by the time that the accreting objects differentiate. Since it appears that at least some

bodies have differentiated very early (Section 3.2.1), and in the case of Vesta have corre-

spondingly high tungsten anomalies (Kleine et al. 2002), Fig. 5b probably underestimates

the tungsten anomalies that would result if re-equilibration did not occur.

The numerical accretion models used to generate Figure 5 neglect the influence of

drag (due to either gas or small bodies), which may be required to explain the present-day

eccentricities of the terrestrial planets. Thus, these models probably also overestimate the

timescale for accretion. A shorter accretion timescale would result in even higher tungsten

anomalies, and thus require more complete re-equilibration to drive the anomaly down to

Earth-like values. Thus, the requirement for complete or nearly-complete equilibration is

likely to be robust.

Finally, because the early history of the core and the mantle are intimately coupled,

there are some isotopic systems governed by mantle processes which are also relevant to

core formation timescales. In particular, the short-lived 142Nd isotope has been used to

argue for global melting of the mantle within 30 Myr of solar system formation (Boyet and

Carlson 2005), entirely consistent with the core formation timescale derived above and

also confirming the existence of an early magma ocean. Sm-Nd and Lu-Hf chronometers

are also consistent with the solidification of a magma ocean with the first ∼100 Myrs

of Earth history (Caro et al. 2005), and U-Pb dates have been interpreted as resulting

from the final stage of magma ocean crystallization at about 80 Myrs after solar system

formation (Wood and Halliday 2005). Xe isotope data give a comparable time for loss of

xenon from the mantle (e.g. Porcelli et al. 2001, Halliday 2003).

3.2.3 Siderophile Elements

The Hf-W system is important for two reasons: it constrains the timescale over which core

formation occurred, and it also constrains the extent of re-equilibration between core and

mantle material. To obtain the conditions in the mantle under which this re-equilibration

took place, it is necessary to look at other siderophile elements as well. Inferring the

mantle conditions is important both because it places constraints on the early thermal

state of both core and mantle, and because the mantle conditions strongly influence the
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ultimate composition of the core.

It has long been recognized that both the moderately and highly siderophile elements

are present in the mantle in abundances far exceeding those which would be expected

in equilibrium, based on measured low P, T partition coefficients (see e.g. Walter et al.

2000, Righter and Drake 2003). There have been two explanations proposed: either the

partition coefficients relevant to core formation are very different from the low P, T values

(e.g. Murthy 1991); or a “late veneer” of siderophile elements was added to the mantle

after core formation took place (e.g. O’Neill 1991). It now seems fairly clear that for the

moderately siderophile elements, and perhaps some highly siderophile elements (Righter

2005, Cottrell and Walker 2006a), the former explanation is correct.

Experimental determinations of partition coefficients at elevated P, T conditions have

now been carried out for a wide range of siderophile elements (see review by Righter and

Drake 2003). These coefficients are a function of P, T , oxygen fugacity fO2 , silicate poly-

merization and composition. By minimizing the misfit between the inferred bulk silicate

Earth (BSE) siderophile abundances, and those predicted assuming partitioning from a

chondritic starting composition, the conditions under which metal-silicate equilibration

last took place may be deduced. Table 3 gives a representative set of results. There is

considerable scatter in the results, partly because the solutions tend to be non-unique

(see the discussion in Chabot et al. 2005), and partly because the experimental data were

extrapolated, at least in earlier works. Another source of uncertainty is that the oxidation

state of the early Earth is not known, but can have significant effects on the partition co-

efficients (e.g. Righter 2003). Nonetheless, the results indicate equilibration at pressures

(20-40 GPa, or 500-1000 km depth) and temperatures (2000-3000 K) consistent with a

magma ocean extending to the mid-mantle (Fig 3b), and in line with expectations based

on late-stage impact energies (Section 3.1.3).

Because the siderophile abundances are consistent with equilibration at high P, T con-

ditions, this implies that the abundances produced by earlier equilibration in smaller bod-

ies at lower P, T conditions must have been overprinted. Again, this conclusion supports

the idea of impactor cores undergoing re-equilibration in the magma ocean, presumably

as a result of emulsification (Rubie et al. 2003). Later events which did not involve re-

equilibration (e.g. the descent of large iron diapirs through the lower mantle) would not

leave any signature in the siderophile abundances.
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Table 3: Experimentally inferred equilibration conditions from siderophile element concentra-

tions. fO2 is the oxygen fugacity, IW is the iron-wustite buffer, inf. means inferred fO2 for the

magma ocean and expt. means the experimental value. 1=Li & Agee 1996 2=Righter et al.

1997 3=O’Neill et al. 1998 4=Gessmann & Rubie 2000 5=Li and Agee 2001 6=Gessmann et al.

2001 7=Righter & Drake 2003 8=Walter & Tronnes 2004 9=Wade & Wood 2005 10=Chabot

et al. 2005

P(GPa) T(K) Ref. Notes

28 2400-2700* 1 Ni,Co; *T fixed by peridotite liquidus; fO2≈IW-0.5 (expt.)

27 2200 2 Ni,Co,P,Mo,W; fO2=IW-0.15 (inf.)

37 2300 3 Ni,Co,Fe; Cr requires 3400 K

>35 >3600 4 V,Cr,Mn; fO2=IW-2.3 (inf.)

43-59 2400-4200 5 Ni,Co ; f02 = IW to IW-2 (expt.)

25* 3350 6 Si; *P fixed by Ni/Co data; temp exceeds peridotite liquidus

27 2250 7 P,W,Co,Ni,Mo,Re,Ga,Sn,Cu; fO2=IW-0.4 (inf.)

40 2800 8 Ni,Co

40 3750* 9 V,Ni,Co,Mn,Si; *T fixed by peridotite liquidus; evolving fO2?

30-60 >2000 10 Ni,Co; fO2=-2.2 (inf.); demonstrates solution tradeoffs

Although the basic results appear to be robust, there are two caveats. Firstly, most

models implicitly assume a single equilibration event. At some level, this is clearly in-

correct: several large impacts will have occurred, each generating a magma ocean with

different characteristics, while there may also have been a steady background flux of

smaller impactors. Little theoretical work has so far been done on these issues, though

Wade and Wood (2005) propose a scheme in which the oxygen fugacity of the Earth

changes through time as accretion and core formation proceed. The results above are

likely some kind of weighted average of the effects caused by the few largest impacts.

The second caveat is of a more technical nature, and concerns the common experi-

mental procedure of using a graphite capsule. Unfortunately, it is now clear that tungsten

at least alloys with the carbon (Cottrell and Walker 2006b). The formation of tungsten

carbide may have biased the existing partition coefficient data for W, and perhaps other

elements too. These experiments also show that carbon in the proto-Earth could have

significantly affected W, and perhaps other siderophile, abundances.

Despite these caveats, the experimental results are a rare example of geochemical

observations supporting a geophysical argument, in this case the existence of an early

terrestrial magma ocean. In particular, the results may be used to infer the initial tem-

perature of the core. This temperature may be crudely thought of as the result of two

processes. Firstly, descending iron drops will undergo a final thermal equilibration with
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the molten mantle at the base of the magma ocean, acquiring a temperature set by the

silicate solidus (Fig 3b). Secondly, the coalesced drops will rapidly sink to the core and

undergo further heating given by equation (10). Different batches of accreting core ma-

terial will encounter different magma ocean conditions and pre-existing cores, resulting

in different temperature rises. However, it is likely that the final few impacts will de-

liver the bulk of the core material (Fig. 2a) and thus dominate the resulting initial core

temperature. Based on the results of Table 3, the base of the magma ocean was proba-

bly at 2000-3000 K. As discussed above (Section 3.1.4), a late-stage, Mars-sized impact

would yield a further temperature increase of roughly 3500-4000 K. Thus, following this

impact the core temperature was likely at least 5500 K, and could have been as high

as 7000 K. As we will see below, such initial high temperatures imply substantial lower

mantle melting, and must be reconciled with thermal evolution models which give lower

initial temperatures (Section 4.1.6).

3.2.4 Light elements - S,Si,O,C,H

As discussed above, the core must contain one or more light elements, but their actual

identity is unknown. This is unfortunate, since the presence of different elements has very

different implications for the early state of the Earth’s core. Thus, at present there is

rather little that one can say with any certainty.

However, one important observation is that the outer core appears to contain more of

the light element(s) than the inner core (Section 2.3.1). This implies that one or more of

the light elements must partition strongly into liquid iron during freezing, which is po-

tentially diagnostic behaviour. For instance, Alfe et al. (2002a) used molecular dynamics

simulations to find that oxygen, due to its small atomic radius, tends to be expelled during

freezing. Conversely, S and Si have atomic radii similar to that of iron at core pressures,

and thus substitute freely for iron in the solid inner core. These results thus support the

case for O being one of the light elements. Unfortunately, similar models have not yet

been carried out for either H or C, which might also behave in a similar manner to O. Fur-

thermore, the results concerning S,Si and O need additional confirmation, preferably by

experiments. Nonetheless, the implications for core formation are potentially important.

Available experiments suggest that O and S can both enter the core under oxidizing

conditions, while Si requires reducing conditions and is mutually incompatible with O (

Kilburn and Wood 1997, Hillgren 2000, Li and Fei 2003, Malavergne et al. 2004). An Fe-

O-S liquid with 10.5±3.5 wt% S and 1.5±1.5 wt% O is also compatible with seismological

observations (Helffrich and Kaneshima 2004), although cosmochemical models do not

favour such large amounts of sulphur (Section 2.3.1). An Fe-O-S core thus suggests core

formation conditions which were relatively oxidizing (hence ruling out, for instance, the
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presence of substantial amounts of H in the core), and also relatively high temperature.

For instance, Rubie et al. (2004) suggest that oxygen was extracted into the core from the

mantle at the base of a deep magma ocean (1200-2000 km deep, and a peridotite liquidus

temperature of 3000-3500 K). The relatively oxidizing conditions inferred are consistent

with some, but not all, of the estimates based on siderophile abundances (Table 3).

Although these results are preliminary, they illustrate a possible way to deciding be-

tween different model core compositions, and thus obtaining better constraints on the

conditions under which the core formed. Of course, these conditions likely changed with

time (e.g. Halliday 2004, Wade and Wood 2005), but nonetheless, this appears a fruitful

avenue for future investigation.

3.3 Summary

Theoretical arguments and geochemical observations suggest that the Earth accumulated

the bulk of its mass through a few, large impacts within about 50 Myr of solar system

formation, and that each of these impacts generated a global, if transient, magma ocean.

Although the impacting bodies were undoubtedly differentiated, pre-existing chemical

signals appear to have been overprinted by the impact process. Siderophile element con-

centrations are consistent with a magma ocean extending to mid-mantle depths (500-

1000 km, 2000-3000 K). Based on inferences of O (and S) in the core, this magma ocean

was probably relatively oxidizing. The impactor cores likely underwent emulsification as

they traversed the magma ocean, resulting in chemical re-equilibration also suggested by

both siderophile and Hf-W observations. This re-equilibration ceased as the metal pooled

at the base of the magma ocean; subsequent transport of the resulting large-scale iron

masses to the pre-existing core was rapid and will have resulted in increased core temper-

atures. Following the Moon-forming impact, the initial core temperature was probably at

least 5500 K, suggesting extensive melting in the lowermost mantle.

Unusually, there is broad agreement between the geochemical constraints and geophys-

ical expectations of the core’s early history. Nonetheless, several outstanding questions

remain:

1) The physics of what happens during giant impacts is very poorly understood (Sec-

tion 3.1.3). In particular, although there are indirect geochemical arguments for impactor

emulsification, this process has not yet been investigated by numerical models (because

doing so is very challenging).

2) The lifetime of magma oceans is also surprisingly poorly known (Section 3.1.2). This

is in part because complicating factors such as an insulating atmosphere or a foundering

crust have a large effect on the outcome. It may be that this is an issue which can only

be resolved using radiogenic isotopes with appropriate half-lives, rather than geophysical
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modelling.

3) Our knowledge of the light element(s) within the core remains frustratingly vague.

The uncertainties are so large that neither further cosmochemical arguments nor parti-

tioning experiments are likely to provide much illumination. However, expulsion of the

light element(s) from the inner core does appear to be required and may help to pin down

likely candidates (Section 3.2.4).

4) Most of the models of accretion and core formation to date have assumed single-

stage processes. In practice, of course, accretion and core formation occurs as a series

of discrete events, under different conditions. The effect of these evolving conditions on

the behaviour and chemistry of the core and mantle is just beginning to be addressed

(e.g. Halliday 2004, Wade and Wood 2005). Unfortunately, although parameters like fO2

likely evolved with time, all observations (except those of unstable isotopes) constrain only

some time-weighted mean value of the parameter. Thus, resolving the time-evolution of

parameters like fO2 will be extremely challenging.

4 EVOLUTION OF THE CORE

The formation and earliest evolution of the core, as described above, involved large and

geologically rapid transfers of mass and energy. After ≈50 Myr, however, these processes

were largely complete, and its subsequent thermal and compositional evolution - the

focus of this section - was much less dramatic. Unfortunately, there are few observational

constraints on the details of this longer-term evolution. As discussed below, present-day

observations (in particular, the size of the inner core and estimates of the CMB heat flux)

provide some constraints. The fact that a geodynamo has apparently operated for at least

3.5 Gyr provides a lower bound on the rate at which the core must have cooled. However,

it is important to note that the long-lived field does not necessarily require a similarly

ancient inner core. Isotopic signals, however, may provide a constraint on the inner core

age, though this is controversial (Section 4.2.1).

The first half of this section will investigate the thermal evolution of the core. In

particular, it will focus on three questions: how much has the core cooled over time?; when

did the inner core start to grow?; and how was the dynamo maintained? Because of the

paucity of observational constraints, this section will focus on theoretical approaches, and

in particular on the uncertainties introduced by uncertainties in the relevant parameters.

The second half will focus on the compositional evolution of the core, in particular the

chemical effects of inner core formation, and possible reactions taking place at the core-

mantle boundary.
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4.1 Thermal Evolution

The thermal evolution of the Earth’s core has been the subject of considerable interest

over the last decade. As outlined in Section 2, experimental uncertainties have led dif-

ferent groups to adopt different values for parameters of interest, such as the thermal

conductivity. Accordingly, the calculations carried out in this section will make use of

three different sets of parameters (Table 1): one end-member designed to maximize the

likelihood of an ancient inner core (model 1); one using the best-guess parameter values

(model 2); and one using values designed to minimize the inner core age (model 3). In this

way, the uncertainties involved in the theoretical calculations will be made clear, while

conclusions which are robust under all three models are likely to prove durable.

4.1.1 Core Cooling

In one sense, the thermal evolution of the core is relatively simple. Heat is extracted

out of the core at the CMB, at a rate which depends primarily on processes within the

mantle. As a result, in the absence of an internal heat source, the core cools with time.

At some point, the core adiabat crosses the melting curve, and inner core solidification

begins (Figure 1).

The instantaneous energy balance within the core may be written (e.g. Buffett et al.

1996, Roberts et al. 2003, Gubbins et al. 2004a, Nimmo**)

Qcmb = Qs + Qg + QL + QR = Q̃T
dTc

dt
+ QR (11)

Here Qcmb is the heat flow across the CMB, and the core contributions Qs,Qg,QL and

QR are respectively from secular cooling, gravitational energy release, latent heat release

and radioactive decay. The first three terms are all proportional to the core cooling rate

dTc/dt, where Tc is the core temperature at the CMB and Q̃T is a measure of the total

energy released per unit change in core temperature. Both Qg and QL depend on the

inner core size, and are zero in the absence of an inner core. This equation allows the

evolution of the core temperature to be calculated if the CMB heat flux through time is

known.

This energy balance has several important consequences. Firstly, when inner core

formation begins, the same CMB heat flux results in a reduced core cooling rate, because

of the extra energy terms (Qg, QL). Secondly, the result of radioactive heating is likewise

to reduce the core cooling rate for the same CMB heat flux.

Radiogenic elements can have a strong effect on the core cooling rate, and thus the

age of the inner core (e.g. Labrosse et al. 2001). Rewriting equation (11) we obtain a
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core cooling rate of
dTc

dt
=

Qcmb −QR

Q̃T

(12)

It is clear that the effect of the QR term is to reduce the rate of core cooling, and hence

prolong the life of the inner core. This is an issue we return to below.

A major disadvantage with equation (11) is that it does not include an ohmic dissipa-

tion term, because the transformation of kinetic energy to magnetic energy to heat occurs

without changing the global energy balance (see Gubbins et al. 2004a). This equation is

therefore not useful in determining the evolution of the geodynamo.

4.1.2 Maintaining the geodynamo

Ultimately, the geodynamo is maintained by the kinetic energy of the convecting outer

core. This convection is driven partly by the extraction of heat into the overlying mantle,

and partly by the fact that the resulting inner core growth releases light elements into the

base of the outer core. Thus, both thermal and compositional convection are important,

with the relative contributions depending on the different parameter values adopted, in

particular the size of the inner core.

Just as equation 11 describes the energy balance in the core, an equivalent equation

can be derived for the entropy balance (e.g. Roberts et al. 2003, Labrosse 2003, Lister

2003, Gubbins et al. 2004a,b; Nimmo**). The latter equation does include ohmic dissi-

pation (dissipation is non-reversible and is thus a source of entropy). The entropy may

be thought of as the power divided by a characteristic temperature and multiplied by a

thermodynamic efficiency factor. Different mechanisms (e.g. thermal and compositional

convection) have different efficiency factors (e.g. Buffett et al. 1996, Lister 2003). Un-

fortunately, it is not currently understood how to relate the entropy production rate to

global magnetic field characteristics, such as reversal frequency (Section 2.6).

The entropy rate available to drive the dynamo may be written as (e.g. Labrosse 2003,

Gubbins et al. 2004b)

∆E = Es + EL + Eg + EH + ER − Ek = ẼT
dTc

dt
+ ER − Ek (13)

where Es,EL,Eg and EH are the contributions due to cooling, latent heat and gravitational

energy release and heat of reaction, respectively, ER depends on the presence of radioactive

elements in the core, and Ek depends on the adiabatic heat flux at the CMB. The first four

terms are all proportional to the core cooling rate dTc/dt, and ẼT is simply a convenient

way of lumping these terms together. This equation illustrates two important points.

Firstly, as expected, a higher cooling rate or a higher rate of radioactive heat production
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increases the entropy rate available to drive a dynamo. Secondly, a larger adiabatic

contribution (e.g. higher thermal conductivity) reduces the available entropy.

By combining equations 11 and 13, an expression may be obtained which gives the core

heat flow required to sustain a dynamo characterized by a particular entropy production

rate EΦ:

Qcmb = QR

(
1− TT

TR

)
+ TT (EΦ + Ek) (14)

where TR is the effective temperature such that TR = QR/ER and likewise TT =

Q̃T /ẼT . This equation encapsulates the basic physics of the dynamo problem.

Equation (14) shows that larger values of adiabatic heat flow or Ohmic dissipation

require a correspondingly higher CMB heat flow to drive the dynamo, as would be ex-

pected. In fact, in the absence of radiogenic heating, the CMB heat flow required is

directly proportional to Ek + EΦ. The constant of proportionality depends on the ther-

modynamic efficiency of the core, which increases if an inner core is present. Because the

term
(
1− TT

TR

)
exceeds zero, a dynamo which is partially powered by radioactive decay

will require a greater total CMB heat flow than the same dynamo powered without ra-

dioactivity. Alternatively, if the CMB heat flow stays constant, then an increase in the

amount of radioactive heating reduces the entropy available to power the dynamo.

Equation (14) also illustrates the fact that a dissipative dynamo can exist even if the

CMB heat flow is subadiabatic (Loper 1978). In the absence of radioactivity, the entropy

production rate EΦ available for the dynamo is (Qcmb/TT )−Ek which for the present-day

core exceeds zero unless Qcmb is strongly subadiabatic. Thus, a subadiabatic CMB heat

flow can sustain a dynamo, as long as an inner core is present to drive compositional

convection (e.g. Loper 1978, Labrosse et al. 1997). It should be noted that these results

assume the CMB heat flux does not vary in space; lateral variations in the heat flux may

allow a dynamo to function even if the mean value of Qcmb suggests the dynamo should

fail.

In the absence of an inner core and radiogenic heating, it may be shown that

Qcmb = Qk

(
1 +

EΦ

Ek

)
(15)

This equation shows that the heat flow at the CMB Qcmb must exceed the adiabatic

heat flow Qk for a dynamo driven only by thermal convection to function. This result is

important, because it demonstrates that there is no problem with sustaining a dynamo

prior to the onset of inner core formation, as long as the core cooling rate (or CMB

heat flux) is large enough. This equation also allows dynamo dissipation to be taken into

account explicitly: a more strongly dissipative core dynamo requires a more superadiabatic

CMB heat flow to operate.
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4.1.3 Present-day energy budget

Figure 6 shows how the rate of entropy production available to drive a dynamo varies as

a function of the heat flow out of the core, both for a set of core parameters appropriate

to the present-day Earth, and for a situation in which the inner core has not yet formed.

Figure 6a illustrates the case for the best-guess parameters (model 2) while Figure 6b

uses parameters designed to maximize the inner core age (model 1). As expected, higher

core heat fluxes generate higher rates of entropy production; also, the same cooling rate

generates more excess entropy when an inner core exists than when thermal convection

alone occurs.

Figure 6: a) Net entropy production (available to drive the geodynamo) as a function

of CMB heat flux, for cases with and without an inner core, and with and without

200 ppm potassium. Parameters used are for model 2 in Table 1; calculation details are in

Nimmo**. Inner core age is calculated assuming a constant core cooling rate, ∆Tc=100 K

(equation 7) and is only relevant to the case with an inner core and no potassium. b) As

for a), except using the parameters for model 1 in Table 1 (designed to maximize inner core

age) with ∆Tc=150 K.

As discussed above, when an inner core is present, positive contributions to entropy

production arise from core cooling, latent heat release and gravitational energy; the adi-

abatic contribution is negative (equation 13). For a present-day, radionuclide-free core,

CMB heat flows of <2 TW and <0.2 TW result in negative entropy contributions and,

therefore, no dynamo for models 2 and 1, respectively. Such cooling rates would permit

an inner core as old as the Earth. Higher core cooling rates generate a higher net entropy

production rate; they also means that the inner core must have formed more recently.
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For a present-day estimated CMB heat flow of 6-14 TW (Section 2.5), the net entropy

production rate available to drive the dynamo is 200-900 MW/K, sufficient to generate

roughly 1-5 TW of Ohmic dissipation. Since most estimates of Ohmic heating are less

than 2 TW (Section 2.6.1), it is clear that there is no difficulty in driving a dynamo at

the present day. A heat flow of 6-14 TW also implies an inner core age of 1-2.5 Gyr and

1.4-3.2 Gyr for models 2 and 1, respectively, assuming a constant core cooling rate.

Prior to the formation of an inner core, the CMB heat flow had to exceed the adiabatic

value Qk in order to maintain a dynamo for reasons discussed above (eq. 15). For a dynamo

requiring an entropy production rate of 200 MW/K, the core cooling rate had to be

roughly 2-3 times as fast to maintain this rate before the onset of inner core solidification.

A geodynamo prior to the onset of inner core formation is entirely possible, but implies

that either CMB heat fluxes were higher in the past, or that the present-day dynamo is

dissipating more heat than it did prior to inner core formation.

Fig. 6 also shows that, as discussed above, a larger CMB heat flow is required for

the same entropy production if radioactive heating is important in the present-day Earth.

Prior to the existence of the inner core, the effect of radioactive decay on the entropy

production is small because the thermodynamic efficiency of radioactive heat production

is similar to that of secular cooling (Roberts et al. 2003, Gubbins et al. 2004a, Nimmo**).

Importantly, the presence of potassium also reduces the core cooling rate, and thus can

increase the age of the inner core (equation 12 and see below).

In summary, Fig. 6 shows that the estimated present-day CMB heat flow of 6-14 TW

is consistent with the operation of a dynamo dissipating 1-5 TW of heat. Under these

circumstances, an inner core could have persisted for 1-3.2 Gyr if the heat flux stayed

constant. A lower CMB heat flux would result in a lower dissipation rate and a greater

inner core age. Radioactive heating can increase the inner core age somewhat, but the

present-day radioactive heat production is likely only a small fraction of the total energy

budget, and thus the effects are modest. In practice, of course, both the core heat flux

and the radiogenic heat production will vary with time; investigating the time evolution

of the core and mantle is the subject of the next section

4.1.4 Thermal evolution

There are two basic approaches to modelling the thermal evolution of the core. One

approach is to start from some assumed initial conditions and evolve the core forwards

in time, using equation (11) or its equivalent (Stevenson et al. 1983, Stacey and Loper

1984, Mollett 1984, Yukutake 2000, Nimmo et al. 2004, Nakagawa and Tackley 2004a,b,

Butler et al. 2005). The initial conditions can be iterated until the correct present-day

core parameters (e.g. inner core size) are obtained, and the theoretical geodynamo history
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compared with the observations. Because the core’s evolution depends on the CMB heat

flux, such models must simultaneously track the thermal evolution of the mantle. This

kind of approach has two principal disadvantages: firstly, it requires the assumption of

initial conditions which are poorly constrained (Section 3); and secondly, in considering

the mantle as well as the core, the number of important but uncertain parameters (e.g.

mantle viscosity) greatly increases.

A second approach is to start from the present-day core conditions and evolve the

core backwards in time (Buffett et al. 1996, Buffett 2002, Labrosse 2003). This approach

has the advantage of automatically satisfying the present-day observations. However,

because diffusion equations are unstable if run backwards in time, the evolution of the

CMB heat flux cannot be calculated in the same way as it can in the forward models.

A common choice is to specify the time-evolution of the entropy production in the core,

which then specifies both the core cooling rate and the evolution of the CMB heat flux

(equation 14). This approach has the virtue of not requiring any knowledge of the mantle

to do the calculations; however, it makes a major assumption in assuming a specific

entropy production history for the core. Nonetheless, this approach is both simpler and

subject to fewer uncertainties than the alternative, and will be focused on here.

Partly because of geochemical arguments that may suggest an ancient (∼3.5 Gyr B.P.)

inner core (Section 4.2.1), many of the investigations cited above have focused on the age

of the inner core. While there is a general tendency to find relatively young (∼1 Gyr)

inner cores, the robustness of these results is often unclear because of the large number

of poorly-constrained parameters which have to be chosen. Another aim of this section

is to tabulate the most important parameters, and to investigate the robustness of the

thermal evolution results to likely parameter variations. In particular, we will focus on

whether a 3.5 Gyr old inner core is compatible with the theoretical models.

Parameters

Generating an ancient inner core requires either a relatively low CMB heat flux, a

large difference in adiabatic and melting temperature gradients, or substantial radiogenic

heating. If the core cooling is slow, then to maintain the dynamo requires either low

magnetic dissipation, large positive entropy terms (e.g. Eg), or small negative entropy

terms (e.g. Ek).

Of the various parameters discussed in Section 2, we may identify those which will

have the largest influence on whether a dynamo can be maintained while producing an

ancient core. They are as follows:

1) Thermal conductivity k and thermal expansivity α. A low thermal conductivity or

expansivity reduces Ek, and thus allows the same rate of entropy production for a lower

CMB heat flux (equation 14).
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2) Gradient of the melting curve. The quantity ∆Tc (equation 7) is the change in Tc

since the inner core started solidifying, and is determined by the relative slopes of the

adiabat and the melting curve. A larger ∆Tc results in an older inner core for the same

CMB heat flux (or alternatively a higher entropy production rate for an inner core of the

same age).

3) The compositional density contrast ∆ρc. The larger the value of ∆ρc, the higher

the entropy production rate for the same rate of cooling.

4) The rate of entropy production required to drive the dynamo. As discussed in

Section 2.6.1, this value is unlikely to be less than 50 MW/K, and is more likely closer to

200 MW/K.

5) Radioactive heating within the core. Internal heat production reduces the core

cooling rate (Figure 6 and equation 12).

Other factors, such as latent heat, specific heat capacity, heat of reaction and so on

are either better known than the factors listed above, or have only a small effect.

Factors 1-3 are known with some uncertainty, while factors 4 and 5 are less well known.

We have therefore adopted three models (Table 1) designed to result in maximum, best-

guess and minimum inner core ages, respectively. In this way, a conservative assessment

may be made of the model variability arising from uncertainties in parameter values.

The calculations shown below take a similar approach to those of Buffett (2002) and

Labrosse (2003) and assume a specified rate of entropy production with time. The core

temperature is evolved backwards from the present-day conditions. The entropy produc-

tion rate prior to inner core formation is assumed constant, which allows the CMB heat

flux and core cooling rate to be determined. The CMB heat flux during inner core solidi-

fication is assumed to stay constant at the value immediately prior to solidification. The

justification for making this assumption is that the CMB heat flux is determined primarily

by conditions in the mantle, and is thus unlikely to be significantly affected by changing

core conditions. This assumption is less reliable for inner cores of greater ages or having

larger values of ∆Tc. A result of the assumption is that the entropy production increases

significantly when inner core solidification starts, because of the extra contributions (e.g.

latent heat release) to the entropy budget.

Other assumptions could be made. For instance, Labrosse (2003) assume that the

present-day entropy production is some constant factor times the entropy production im-

mediately prior to core formation. It will be shown below that different assumptions of

this kind do not significantly affect the results. In theory, one would like to use obser-

vations of the Earth’s magnetic field to constrain the entropy evolution. For instance,

a higher field strength should lead to greater dissipation and thus higher entropy pro-

duction. Unfortunately, as discussed in Section 2.6, neither the observations, nor our
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theoretical understanding of geodynamos, are currently good enough to infer how the

entropy production has changed. The assumption of constant entropy production prior

to inner core formation at least has the virtue of simplicity; furthermore, since if anything

entropy production is likely to have declined with time, this assumption will result in

conservatively old inner core ages.

Figure 7: a) Evolution of core heat flux and core temperature Tc with time for models 1-3

(parameter values for each model are given in Table 1). Heat flux prior to innner core for-

mation is calculated by fixing entropy production rate at 200 MW/K. Heat flux after the

onset of inner core formation is kept at the same level as it was immediately prior to solid-

ification. Equations are integrated backwards in time from the present-day. b) Evolution

of the entropy production rate EΦ (upper panel) and dimensionless inner core radius Ri/R

(lower panel) for models 1-3. Note that the entropy production increases when inner core

formation occurs.

Figure 7 shows the evolution of various parameters of interest for models 1-3 when

the net entropy production rate prior to inner core formation is 200 MW/K, probably a

reasonable value (see Section 2.6.1). This entropy production rate determines the core

cooling rate, and thus the heat flux. The present-day heat fluxes are in the range 10-

15 TW, in line with expectations (Section 2.5). The change in CMB heat flow over 4 Gyr

is modest, a factor 25% or less. Whether such a small change is dynamically plausible is

currently unclear, and will be discussed further below.

As expected, the heat flux required for model 1 is lower than for the other models,

because model 1 uses parameter values chosen to favour a long-lived geodynamo. A

consequence of this lower heat flux is that the temperature change of the core over 4.5 Gyr
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is smaller than for models 2 and 3. The lower heat flux also results in an inner core of

greater age, 1.2 Gyr. Model 1 also results in a greater amount of entropy production

once core formation begins, mainly because of more vigorous compositional convection

due to the large value of ∆ρc adopted (see Table 1). The energy released since inner

core formation due to secular cooling, gravity and latent heat is in the ratio 69:15:16 for

model 1, and 61:7:32 for model 3, also illustrating the greater importance of compositional

convection in model 1.

Figure 8 shows the same situation as the preceding figure, but now with a net entropy

production rate prior to inner core formation of 50 MW/K, at the lower end of reasonable

values. The lower entropy production results in a reduction in the heat flux required

(4-12 TW at the present day), and also a reduction in the amount by which the core has

cooled over 4.5 Gyr. As a consequence of this reduction in cooling rate, the inner core can

persist further back in time. In particular, for model 1 the age of the inner core (3.4 Gyr

B.P.) is roughly compatible with the proposed age based on Re/Os isotope systematics

(Brandon et al. 2003; see Section 4.2.1).

Figure 8: As for Figure 7, but with the net entropy production rate prior to inner core for-

mation fixed at 50 MW/K.

Figure 9 is identical to Figure 7, but includes the effect of 200 ppm potassium in the

core. The CMB heat flows required to drive the dynamo are similar to those in Fig. 7,

as expected from the results of Fig. 6. However, the change in core temperature with

time is significantly reduced, because of the additional heat source (equation 12). This

reduction in core cooling rate also results in a more ancient inner core, though the effect

is relatively modest because the radiogenic heat production is small compared to the
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total heat flow (c.f. Labrosse 2003, Nimmo et al. 2004, Butler et al. 2005). At a lower

entropy production rate, the effect of radioactive decay on the inner core age would be

more pronounced.

Figure 9: As for Figure 7, but with the core containing 200 ppm potassium. The rate of

heat production within the core is shown.

4.1.5 Inner Core Age

Fig. 10 summarizes the outcomes of several similar models by plotting inner core age

against present-day CMB heat flux, for cases with and without potassium. As expected,

a higher Qcmb results in a younger inner core. For the same heat flux, model 1 results

in an older inner core than models 2 and 3, and also generates a higher rate of entropy

production.

In the absence of potassium, Fig 10a shows that an inner core 3.5 Gyr old is possible.

However, for the inner core to be this old, the following requirements must all be met:

1) Parameters such as thermal conductivity, expansivity and compositional density

contrast must all have values (Table 1) which tend to maximize the inner core age

2) The rate of entropy production required to drive the dynamo is small, <50 MW/K.

In terms of dissipation, this is ≈0.25 TW, at the low end of current estimates (Sec-

tion 2.6.1).

3) The CMB heat flux must have stayed constant at 4 TW for the whole of Earth

history (c.f. Fig 8).

Requirements 1 and 2 are at least possible, if not plausible. Requirement 3 is, however,

more problematic. Firstly, the required heat flux is a factor of 1.5-4 times smaller than
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the inferred present-day CMB heat flux of 6-14 TW (Section 2.5). An inner core 3.5 Gyr

old is incompatible with current estimates of the present-day CMB heat flux.

The requirement that the CMB heat flux stay essentially constant over time is surpris-

ing, because the reduction in core temperature with time is likely to lead to an increase in

mantle viscosity and a decrease in CMB heat flux (Nimmo et al. 2004). However, whether

a constant CMB heat flux is dynamically plausible is unclear, because our understanding

of the physical nature of the CMB region is currently so poor (Section 2.5).

Figure 10: a) Plot of present-day CMB heat flux against inner core age, from a suite

of models similar to those shown in Figs 7 and 8. The labels refer to the constant en-

tropy production rate (in MW/K) prior to the onset of inner core formation. Higher

entropy production rates require higher heat fluxes and thus younger inner cores. b)

Same plot as a), but showing results obtained by other authors. As before, labels

indicate entropy production rate; parentheses give references as follows: B2=Buffett

(2002); B1=Buffett et al. (1996); R=Roberts et al. (2003); L and L*=Labrosse (2003);

Li=Lister (2003). The latter two models have entropy production rates prior to in-

ner core formation which are not quite constant. Ohmic dissipation is converted to

entropy production by assuming a characteristic temperature of 5000 K. c) As for a),

but with 200 ppm potassium in the core. The black squares are results from Labrosse

(2003) and Lister (2003) with 250 ppm and 235 ppm potassium in the core, respectively.
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Figure 10b compares the results obtained here with those obtained by other authors.

Despite the different assumptions and parameters chosen, the results are strikingly con-

sistent. In general, the results plot between the lines for models 2 and 3, suggesting that

model 1 is overly conservative (as it was designed to be). Models using a present-day heat

flux of 6-14 TW result in entropy production rates of 200-700 MW/K, which are perfectly

reasonable values. Conversely, to achieve an ancient inner core requires both low entropy

production and low CMB heat fluxes (e.g. 20 MW/K and 2 TW from Buffett 2002).

As has been recognized previously (Buffett 2002, Labrosse 2003, Roberts et al. 2003,

Nimmo et al. 2004), the difficulty of generating an ancient inner core while maintaining

a dynamo is reduced if the core contains a radioactive heat source such as potassium.

With 200 ppm in the core, Fig 10 shows that an inner core 3 Gyr old is compatible with a

reasonable present-day heat flux (8 TW) and an entropy production rate of 130 MW/K,

likely sufficient to sustain a geodynamo. Thus, the addition of potassium makes it much

easier to reconcile the geophysical models with an ancient inner core.

4.1.6 Initial core temperature

An issue closely related to the age of the inner core is the initial core temperature (at

4.55 Gyr B.P.). Higher rates of entropy production imply younger inner cores and more

rapid core cooling, which in turn implies a higher initial core temperature (Buffett 2002,

Labrosse 2003). Figure 11 plots the variation in initial core temperature as a function

of entropy production for models 1-3, and demonstrates the relationship. Figure 11b

includes the effect of 200 ppm potassium, demonstrating that internal heat production

reduces the required change in core temperature (equations 12,14). These figures also

demonstrate how inner core age (labels on indivual points) is increased by either a lower

entropy production rate, or the addition of potassium. In extreme cases, the inner core

could have been present for the entire age of the Earth.

The results shown here are again consistent with those of other authors. One re-

sult from Buffett (2002) is plotted and again shows that ancient inner cores require low

dissipation rates, and imply cool initial temperatures. Labrosse (2003) assumes higher en-

tropy production rates (350-700 MW/K) and obtains correspondingly younger inner cores

(0.8-1.2 Gyr) and hotter initial temperatures (roughly 600 K hotter than the present day).

The most striking aspect of Figure 11 is that a core temperature change of less than

1000 K (Tc <5000 K at t = 0) is sufficient to have maintained a moderately-dissipative

dynamo (Eφ <200 MW/K) throughout Earth history. This is in contrast to the results

presented in Section 3.2, which inferred an initial core temperature of 5500 K or more.

While the latter estimate in particular is somewhat crude, the discrepancy in the two

estimates is interesting because of the additional insight it may provide.

48



Figure 11: a) Variation in initial core temperature with (constant) entropy production

rate prior to core formation, obtained from a suite of models similar to those shown in

Figs 7 and 8. Labels indicate inner core age in Gyr; higher entropy production rates

require more rapid core cooling and thus high initial temperatures and young inner

cores. The black square represents a result from Buffett (2002) with low entropy pro-

duction and a correspondingly ancient inner core; here the temperature change (160 K)

obtained is plotted assuming a present-day temperature of 4000 K. Horizontal dotted line

indicates onset of mantle melting (Boehler 2000) and is uncertain by at least ±200 K.

The discrepancy could be resolved in at least two ways. Firstly, the geodynamo could

be more dissipative than assumed, either now or in the past. Future paleomagnetic

measurements might be able to confirm or disprove this possibility. Secondly, the core

temperatures shown in Fig 11 are sufficiently high that the early mantle was likely exten-

sively molten. The melting behaviour of the lowermost mantle is poorly known (Boehler

2000, Akins et al. 2004), especially for the post-perovskite phase. Nonetheless, it seems

likely that the CMB heat flux would have been elevated if the early lower mantle were ex-

tensively molten. Thus, the CMB heat flux probably consisted of two parts: an early, high

heat flux episode due to the molten lower mantle; and later, lower heat fluxes resembling

the trajectories shown in Figs. 7-9.

The early episode of high heat flux will have persisted until the lower mantle ap-

proached its solidus, so the core likely cooled by 1000-2000 K over this period. The heat

capacity of the core is roughly 2× 1027 J K−1; thus, if the period lasted 1 Gyr, the mean

heat flow must have been of order 100 TW. How such large heat fluxes could have been

sustained by the mantle is very much an open question. The high heat fluxes required

also illustrate the difficulty of forming an early inner core, if the initial core temperatures

were as high as estimated in Section 3.2. Finally, the high initial heat fluxes imply a

potentially very strong early magnetic field; paleo-intensity measurements from rocks or

minerals of the appropriate age would thus be an excellent test of this hypothesis.
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4.1.7 Consequences for the mantle

The above discussion illustrates an important point: the thermal evolution of the core

cannot really be considered separately from the thermal evolution of the mantle. In

particular, the evolution of the CMB heat flux controls the thermal evolution of the core,

and yet is to a large extent determined by mantle processes. Conversely, the early state

of the core implies that the lowermost mantle was probably extensively molten, with

potentially important consequences for mantle chemistry and dynamics.

Although the need to also consider the mantle increases the number of free parameters

in theoretical models, it also adds potential extra observational constraints. For instance,

the evolution of the mantle temperature depends on three factors: internal heat genera-

tion; heat added from the core; and the rate of heat loss to the surface. Some petrological

constraints on the evolution of mantle temperatures exist (e.g. Abbott et al. 1994, Grove

and Parman 2004). Unfortunately, in order to provide constraints on the evolution of

the CMB heat flux, the manner in which the surface heat flux varied with time must

be known. This heat flux is controlled at the present day by plate tectonics, but how it

varied in the past (and indeed, whether plate tectonics actually operated), is currently

unknown. Thus, the addition of extra information (evolution of mantle temperatures) is

offset by the addition of additional uncertainties (evolution of surface heat flux).

4.2 Compositional Evolution

The compositional evolution of the core since its formation has been a relatively neglected

field of study, perhaps because of the paucity of observational constraints. There are two

main ways in which the core composition evolves: through solidfication of the inner core;

and through reaction with the mantle at the CMB. Each of these is dealt with briefly in

turn; a good review of some of the consequences of inner core growth may be found in

Sumita and Yoshida (2003).

4.2.1 Inner core growth

One potentially observable consequence of inner core growth is its effect on Re/Os isotope

systematics. The basic hypothesis is relatively simple (Walker et al. 1995): both Re

and Pt are presumed to partition preferentially into the outer core relative to Os as

solidification proceeds. Since 187Re and 190Pt decay to 187Os and 186Os, respectively,

the outer core will become progressively enriched in these Os isotopes relative to stable
188Os. The amount of enrichment (measured relative to chondritic ratios, and denoted

γOs) depends on the time since inner core crystallization, and the relative tendencies of

Re and Pt to partition into the outer core compared to Os. Furthermore, the enrichments
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in 186Os and 187Os are expected to be coupled if core crystallization occurs (since both

are occurring due to the same process).

There are two sets of observations (Brandon et al. 1998, Brandon et al. 2003). Firstly,

ancient (2.7-2.8 Ga) komatiites show evidence of elevated γOs, which could be indicative

of early core solidification. Secondly, more recently-erupted lavas in Hawaii, Siberia and

Gorgona Island all show elevated γOs and coupled Os-isotope anomalies, again consistent

with an outer core source. Assuming values for the partition coefficients of Pt,Re and Os,

it has been argued (Brandon et al. 2003) that the onset of inner core crystallization must

have been prior to 3.5 Ga to explain the komatiite γOs values.

There are two possible objections to this hypothesis. The first is simply that the

partition coefficients at the correct P, T conditions are currently unknown. Since the

evolution of γOs depends on the partition coefficients, all that the komatiite data can

really be used to argue is that inner core crystallization began at least a few hundred

million years prior to 2.7-2.8 Ga (Puchtel et al. 2005), assuming that the isotopic signal is

in fact due to crystallization. Although partition coefficients have been measured (at 10

GPa and 1700 K; Walker 2000), and also inferred from meteorites (Morgan et al. 1995),

the experience with siderophile elements suggests that the behaviour will be different at

higher P, T conditions.

More seriously, it is not clear that the Os isotopic signals can only be explained by

inner core crystallization. In particular, it has been suggested that recycled oceanic crust

and/or sediments could equally explain the coupled signals and high γOs values (Hauri and

Hart 1993, Baker and Jensen 2004, Schersten et al. 2004), though that conclusion has been

disputed (Brandon et al. 2003, Puchtel et al. 2005). The absence of detectable tungsten

isotope anomalies has been used to argue against the presence of any core materials in

Hawaiian lavas (Schersten et al. 2004), but such anomalies may have been swamped by

crustal contributions. Recently, both Fe/Mn ratios (Humayun et al. 2004) and thallium

isotopes (Nielsen et al. 2006) have been used to argue against crust or sediments as the

source of the Os isotope anomalies.

There is thus currently little agreement on whether or not Os isotopes can tell us

anything about the crystallization of the inner core (see Brandon and Walker 2005 for

a recent review). A major step forward would be to determine the relevant partition

coefficients under the correct P, T conditions. Doing so experimentally is challenging, in

which case molecular dynamics simulations may be the correct approach. Resolving this

issue is a key question since thermal evolution models tend to result in a wide range of

inner core ages (Section 4.1.5).

Another consequence of inner core growth is that it involves the expulsion of one or

more light elements into the outer core. Unless they are efficiently mixed into the outer
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core by convective stirring, these elements will rise to the CMB and generate a stably

stratified layer (see Braginsky 2006 and references therein). A similar situation may arise

if the heat flux out of the top of the core is subadiabatic (Labrosse et al. 1997, Lister

and Buffett 1998). If it exists, such a layer will have important consequences for heat

transfer across the CMB, and the temperature structure of the core. Some evidence has

been adduced for the presence of this layer based on observations of the Earth’s varying

rotation and magnetic field (Braginsky 1993, Lister and Buffett 1998). Unfortunately, the

∼100 km layer thickness suggested by these observations is unlikely to be detectable by

seismological observations, and thus its presence remains somewhat hypothetical.

Rather than the light elements segregating to form a separate layer, it has instead been

argued (Buffett et al. 2000) that the addition of elements (specifically Si and O) to the

outer core drives a chemical reaction, resulting in a silicate-rich layer of light sediments at

the top of the core. These silicates will ultimately be incorporated into the mantle and will

contain a few percent residual iron. Thus, this mechanism is one way of incorporating

core material into the mantle, in possible agreement with the Re/Os observations. A

similar outcome is proposed by Dubrovinsky et al. (2004), who argue that the decreasing

solubility of Si in iron with increasing pressure means that Si incorporated into core

material at the magma ocean will be expelled as core pressures rise, and accumulate at

the top of the core.

4.2.2 CMB

There is undoubtedly a region at the CMB over which core and mantle materials have

reacted (Knittle and Jeanloz 1991). However, neither the vertical extent of this region,

nor the manner in which it has evolved with time, are well understood. Observations

based on Earth nutations suggest that the CMB region must include a thin, relatively

conductive layer (e.g. Buffett et al. 2002). Poirier et al. (1998), however, concluded

that capillarity-driven infiltration of the mantle by fluid iron is only likely to extend for

tens of metres, though effects such as mantle deviatoric stresses may extend this range to

∼1 km (Kanda and Stevenson 2006). Thicker, iron-rich layers can strongly affect mantle

dynamics (Manga and Jeanloz 1996) and may be swept up into the mantle (Sleep 1988,

Kellogg and King 1993). However, downwards drainage of liquid iron will be orders of

magnitude more rapid than the rate at which it can be swept up (Poirier et al. 1998).

Furthermore, if the thickness of the iron-rich layer is much smaller than the convective

boundary layer thickness, the rate of entrainment will be negligible. Thus, on physical

grounds it seems difficult for core or CMB material to be transported to the near-surface,

although as discussed above there are isotopic arguments that it may have occurred.
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4.3 Summary

Neither the thermal nor the compositional evolution of the core are currently very well

understood, because of a lack of observational data (Section 2.6) and considerable un-

certainties in the relevant parameter values. Nonetheless, by assuming that Ohmic dis-

sipation was constant prior to inner core formation, and by using models spanning the

likely range of parameter values, the thermal history of the core can be investigated, with

results summarized in Figs 10 and 11. Several important points are evident.

Firstly, there is no difficulty in maintaining a moderately dissipative dynamo prior to

inner core formation as long as the core is cooling fast enough (c.f. Figs. 6,7-9); an inner

core is not required to drive the early geodynamo.

Secondly, a higher CMB heat flux implies a more dissipative dynamo and a younger

inner core, although the addition of potassium can make the inner core somewhat older

(Fig. 10). An estimated present-day CMB heat flux of 6-14 TW is consistent with a

constant entropy production rate of 50-300 MW/K and an inner core age of 0.8-1.6 Gyr,

assuming best-guess core parameters (model 2).

Thirdly, a 3.5 Gyr old inner core is possible in the absence of radiogenic heating, but

only if the Ohmic dissipation is <0.25 TW and the CMB heat flow has stayed constant

at 4 TW. The addition of 200 ppm potassium allows an inner core to persist over the

whole of Earth history for heat flows less than about 8 TW (Fig. 10c). If the Re-Os data

indicating a 3.5 Gyr old inner core are correct (Section 4.2.1), the implications for the

thermal history of the core are profound, since they require either low CMB heat flow and

low ohmic dissipation, or significant amounts of potassium in the core.

Fourthly, moderately dissipative dynamo operating for 4 Gyr implies initial core tem-

peratures 200-800 K hotter than the present day, or somewhat less if potassium is present

(Fig. 11). These temperatures imply that the early lower mantle was probably extensively

molten, with very uncertain consequences for the CMB heat flux. It is also notable that

the initial temperatures shown in Fig. 11 are significantly smaller than the values calcu-

lated in Section 3.2, based on gravitational potential energy release. This discrepancy is

likely the result of either a significantly more dissipative core or, more probably, an early

period of rapid core cooling as a result of the molten lower mantle.

There are several ways in which future progress in the study of the long-term evolution

of the core are likely to be made.

1) A major step towards resolving the issue of whether the Re-Os data provide in-

formation on inner core formation would be the measurement of partition coefficients at

the relevant P, T conditions. At the moment, an inner core 3.5 Gyr old requires a core

thermal evolution that is at odds with geophysical expectations of the CMB heat flux, but

cannot be entirely ruled out. Resolving whether or not the Re-Os data really constrain
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the inner core age is thus of great importance.

2) The likelihood that the lower mantle was initially extensively molten has conse-

quences for the chemical and particularly thermal evolution of the mantle which are not

understood. In particular, if lower mantle melts are indeed denser than the solid (e.g.

Knittle 1998, Akins et al. 2004), it is not even clear that heat transfer will be enhanced.

3) More generally, the evolution of the CMB heat flux is not well constrained, while

being absolutely central to the evolution of the core and geodynamo. Complicating fac-

tors such as possible melting, the post-perovskite phase transition, and perhaps chemical

layering, render dynamical models uncertain. The models shown in Figs 7-9 (which do not

include any dynamics) suggest a CMB heat flux which does not vary greatly over 4 Gyr;

it is not yet clear whether such results are dynamically plausible. So far, few models have

included the available observational constraints on mantle cooling rates, which may help

to reduce the possible parameter space (Section 4.1.7).

4) Whether or not the core contains any potassium is still an unresolved issue. If the

Re/Os inference of an ancient inner core is correct, then the presence of potassium makes

it much easier to reconcile the geophysical models with the inner core age (Section 4.1.5

and Fig 10). At present, the best constraints on core potassium abundance are likely to

come by comparing potassium concentrations with those of other elements with similar

affinities for iron.

5) Finally, one would expect the changing CMB heat flux and the growth of the inner

core to have observable effects on the behaviour of the geodynamo. Thus, at least in

principle, the paleomagnetic record ought to provide observational constraints on core

thermal evolution. For instance, the presence of an inner core appears to have an effect

on the time-variability of the magnetic field (Roberts and Glatzmaier 2001); thus, good

enough paleomagnetic data may help to tie down when the inner core formed (Coe and

Glatzmaier, submitted).

5 Conclusions

This chapter set out to examine the thermal and compositional evolution of the core, from

its formation to the present day. The evolution of the core may be conveniently divided

into two stages: the formation stage, lasting ≈50 Myr, during which time accretion and

differentiation occurred; and the cooling stage, characterized by much less rapid changes

in temperature and chemistry.

Late-stage planetary accretion involves collisions between comparably-sized objects

which were already differentiated and probably partially molten. The final collisions ex-

perienced by the Earth were sufficiently energetic to assure formation of one or several
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magma oceans, though the lifetime of such oceans is currently highly uncertain. During

these impacts, the impactor cores were likely emulsified to∼cm-sized droplets as they sank

through the magma ocean. Such emulsification would permit equilibration between the

iron droplets and the mantle just above the base of the magma ocean, and overprint any

previously-acquired chemical signatures. The core presumably acquired its complement

of light element(s) during this stage; Si and O are plausible candidate materials, although

others (H,C,S) cannot be ruled out. Siderophile element abundances suggest equilibration

happened at 500-1000 km depth and 2000-3000 K, consistent with this picture; equilibra-

tion between core and mantle material is also suggested by Hf-W isotopes. The Hf-W

isotope data also suggest that the Earth’s core formation was complete by ≈30-50 Myr

after solar system formation, roughly consistent with the accretion timescales obtained by

N-body simulations. Delivery of iron from the base of the magma ocean to the core was

probably rapid, likely involving diapirism, and will have occurred without further equi-

libration. This rapid descent of core material will have liberated significant amounts of

gravitational energy. The resulting initial core temperature was probably at least 5500 K.

Several parts of this story are uncertain, notably the behaviour of large impactors as

they traverse the target’s mantle, the time evolution of the core and mantle chemistry

(e.g. oxidation state), and the light-element composition of the core. However, it is

striking that theoretical analyses and geochemical observations (siderophiles and Hf-W)

are in rough agreement regarding the time it takes to form the Earth’s core, the existence

of one or more terrestrial magma oceans as core formation proceeded, and the degree of

equilibration required between core and mantle material.

The subsequent evolution of the core was less dramatic, and involved only two events

of importance: the initiation of the geodynamo; and the onset of inner core formation.

Geodynamo activity started at 3.5 Gyr B.P. at the latest; however, it is important to

understand that this dynamo could easily have been sustained without an inner core

being present. Theoretical estimates suggest that the inner core probably formed at

∼1 Gyr B.P., unless either significant quantities of potassium were present in the core, or

both the ohmic dissipation (<0.25 TW) and the CMB heat flow (<4 TW) were very low

(Fig. 10). The Re-Os isotopic system has been used to infer that inner core solidification

started by 3.5 Gyr B.P., but this hypothesis remains controversial.

Assuming a moderately dissipative dynamo, the change in core temperature over

4 Gyr was probably 200-800 K, implying an early lower mantle that was likely exten-

sively molten. These initial temperatures are lower than those obtained by consideration

of the gravitational potential energy release during core formation, and suggest that the

CMB heat flux evolved in two stages: an early, high heat flux stage, presumably due to

the melting of the lower mantle, and potentially generating very strong magnetic fields;
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and a later, lower heat flux stage resembling the results shown in Figs 7-9.

The present-day core geodynamo is maintained primarily by compositional convection

as the inner core solidifies. The CMB heat flux is estimated at 10±4 TW and is sufficient

to drive a dynamo dissipating 1-5 TW.

As should be clear, there are several areas which require further study. Firstly, there

is still a discrepancy between estimates of the inner core age based on isotopic systematics

and those based on geophysical models. Secondly, neither cosmochemical nor geophysical

arguments have so far provided a convincing resolution to the debate over whether the

core contains significant potassium. Thirdly, the evolution of the CMB heat flux over time

is currently poorly understood, particularly the effect of lower-mantle melting, and yet

has first-order implications for the thermal history of both core and mantle. And finally,

future paleomagnetic measurements may help to provide further observational constraints

on the evolution of the geodynamo, and thus the thermal evolution of the core.
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